
Bull Volcanol (2003) 65:363–381
DOI 10.1007/s00445-003-0277-y

R E S E A R C H A R T I C L E

A. Mark Jellinek · Donald J. DePaolo

A model for the origin of large silicic magma chambers:
precursors of caldera-forming eruptions

Received: 4 June 2002 / Accepted: 13 January 2003 / Published online: 6 May 2003
� Springer-Verlag 2003

Abstract The relatively low rates of magma production
in island arcs and continental extensional settings require
that the volume of silicic magma involved in large
catastrophic caldera-forming (CCF) eruptions must accu-
mulate over periods of 105 to 106 years. We address the
question of why buoyant and otherwise eruptible high-
silica magma should accumulate for long times in shallow
chambers rather than erupt more continuously as magma
is supplied from greater depths. Our hypothesis is that the
viscoelastic behavior of magma chamber wall rocks may
prevent an accumulation of overpressure sufficient to
generate rhyolite dikes that can propagate to the surface
and cause an eruption. The critical overpressure required
for eruption is based on the model of Rubin (1995a). An
approximate analytical model is used to evaluate the
controls on magma overpressure for a continuously or
episodically replenished spherical magma chamber con-
tained in wall rocks with a Maxwell viscoelastic rheology.
The governing parameters are the long-term magma
supply, the magma chamber volume, and the effective
viscosity of the wall rocks. The long-term magma supply,
a parameter that is not typically incorporated into dike
formation models, can be constrained from observations
and melt generation models. For effective wall-rock
viscosities in the range 1018 to 1020 Pa s–1, dynamical
regimes are identified that lead to the suppression of dikes

capable of propagating to the surface. Frequent small
eruptions that relieve magma chamber overpressure are
favored when the chamber volume is small relative to the
magma supply and when the wall rocks are cool. Magma
storage, leading to conditions suitable for a CCF eruption,
is favored for larger magma chambers (>102 km3) with
warm wall rocks that have a low effective viscosity.
Magma storage is further enhanced by regional tectonic
extension, high magma crystal contents, and if the
effective wall-rock viscosity is lowered by microfractur-
ing, fluid infiltration, or metamorphic reactions. The long-
term magma supply rate and chamber volume are
important controls on eruption frequency for all magma
chamber sizes. The model can explain certain aspects of
the frequency, volume, and spatial distribution of small-
volume silicic eruptions in caldera systems, and helps
account for the large size of granitic plutons, their
association with extensional settings and high thermal
gradients, and the fact that they usually post-date
associated volcanic deposits.

Keywords Dike Formation · Viscoelastic Rocks ·
Rhyolitic Volcanism · Granitic Plutons · Silicic Magma
Chumber Evolution

Introduction

One of the most impressive of the volcanic phenomena
documented in the geologic record are cataclysmic
caldera-forming (CCF) eruptions (Smith 1979). In a
single such event, lasting from days to weeks, as much as
2,000 km3 (some estimates reach 5,000 km3) of magma
can be erupted. By comparison, the magma output from
all of the active Hawaiian volcanoes, which constitute the
most intense basaltic volcanism on Earth, is about
0.15 km3 year�1 (Lipman 1995). The largest CCF
eruptions are explosive, involve silica-rich magma (Hil-
dreth 1981), and are fed by shallow (5–10-km depth)
magma chambers located in regions of thick continental
crust. Many of the volcanic systems that produce CCF
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eruptions are associated with subduction, although re-
gional extension seems to be an important and common
feature as well (Wood 1984; Lipman 2000). There are
several candidate areas for further large CCF eruptions in
the western United States, such as Yellowstone, Long
Valley, California, and the Jemez Mountains, New
Mexico. Other candidate areas include, for example, the
Taupo volcanic zone in New Zealand (e.g., Wilson et al.
1995; Jurado-Chichay and Walker 2001a, 2001b), vol-
canic regions in Kamchatka (e.g., Bratseva et al. 1996),
the Philippines (Punongbayan et al. 1991; Simkin 1993),
and the Andes (Pritchard and Simons 2002). A better
understanding of the conditions necessary for large CCF
eruptions is desirable because an improved ability to
specify the likelihood of such eruptions would figure
prominently in the assessment of volcanic hazards
associated with silicic caldera systems (e.g., Simkin
1993; Newhall et al. 1994; Pyle 1998; Denlinger and
Hoblitt 1999; McNutt 2000).

In this paper, we address a fundamental issue raised by
the large volumes of CCF eruptions, which is how
buoyant magma can accumulate in the upper crust rather
than be erupted at about the rate magma is supplied from
deeper levels. From the existence of large granitic
batholiths it is clear that accumulations of thousands of
cubic kilometers of high-silica, low density magma in the
upper crust is a common occurrence. Although the
accumulation of magma may be explained if the crystal
content is sufficiently high to prevent eruption (e.g.,
Marsh 1988), the phenomenon of accumulation of
buoyant, eruptible magma in the upper crust has gone
without explanation.

Our approach to this problem focuses on the dynamical
requirements for rhyolite dikes to form at the walls of a
crustal magma chamber and propagate to the surface,
resulting in an eruption (Rubin 1995a). The Rubin
(1995a) model predicts that the leading tip of a rhyolite
dike will freeze, arresting dike propagation, unless the
pressure driving the flow of magma in the dike is of a
sufficiently large magnitude. This model produces esti-
mates of the critical magma chamber overpressure for
rhyolite dikes in the range of 10–40 MPa, which is about
one order of magnitude higher than the overpressure
needed to cause the crack tip intensity factor to exceed the
fracture toughness of most rocks (Rubin 1995b; McLeod
and Tait 1999). We argue that if the wall rocks behave as
Maxwell viscoelastic rather than purely elastic solids, and
if the effective viscosity of the wall rocks is sufficiently
low, conditions exist in which it can be difficult or
impossible to erupt high-silica magmas because dikes
cannot propagate from the chamber to the surface without
freezing. We show that whether magma erupts or
accumulates in an expanding chamber, depends on the
temperature and strain rate in the bounding wall rocks, the
latter being determined by the ratio of the magma supply
to the chamber volume and, to a lesser extent, tectonic
regime. Moreover, this model can explain how the large
silicic magma reservoirs needed for voluminous CCF
eruptions can be maintained in the mid- to upper crust for

long periods, given that the supply of new magma is
sufficient to outpace crystallization. Finally, our model
yields a potential explanation for the recurrence interval
of smaller volume (0.1–10 km3) eruptions, which typi-
cally also occur in caldera systems.

Magma supply for large eruptions

The motivation for our model is that the large volumes of
CCF eruptions require that magma be accumulated and
stored in shallow crustal reservoirs for long periods of
time prior to eruption. To appreciate this point, it is
necessary to consider the rates at which both mafic and
silicic magmas are produced in the subduction zone and
extensional environments in which most silicic volcanism
occurs. Assuming that each volcano in an arc captures
magma from a 50- to 100-km length of arc, which is a
typical volcano spacing (Marsh and Carmichael 1974;
Schimozuro and Kubo 1983; Tatsumi and Eggins 1995),
models of magma production rates in subduction zones
suggest values of about 0.001 to 0.01 km3 year–1 per
volcano (cf. Davies and Bickle 1991). This range is higher
than the long-term accretion rate of arc volcanic rocks,
which is estimated to be 17 to 33 km3 million years–1 km–1

of arc, or 0.00085 to 0.0034 km3 year–1 per volcano
assuming the same 50 to 100 km volcano spacing (Brown
and Mussett 1981; Reymer and Schubert 1984). Studies of
the growth rates of individual stratovolcanoes suggest
somewhat lower rates of 0.0001 to 0.001 km3 year–1

(Davidson and DeSilva 2000).
For comparison, this range of fluxes is one to three

orders of magnitude smaller than the supply of magma at
Hawaii (0.15 km3 year–1 distributed between three
volcanoes), but substantially greater than the magma
supply at continental extensional environments uninflu-
enced by hotspot volcanism. For example, in the Basin
and Range of the southwestern United States, the average
eruption rate of basalt during the past 16 million years,
normalized to the area of a typical volcanic system (about
103 km2), is only 10–5 to 10–7 km3 year–1 (Crowe 1986).

The magma produced in subduction zones is expected
to have the composition of basalt or basaltic andesite (48–
54% SiO2; Green 1973; Davies and Bickle 1991). One
way to produce rhyolite from such magma is by extensive
(70–90%) fractional crystallization, which implies that
the supply of rhyolite in subduction zone settings is three
to ten times smaller than the total magma supply values
cited above. However, almost all of the large-volume
CCF eruptions documented in the literature contain a
sizeable proportion of magma (or assimilated rock
material) derived from the crust. Hence, it appears that
in regions of thick continental crust, crustal melting and
assimilation augment the rhyolite magma supply. On the
basis of isotopic data and thermal balance models, the
crustal contribution to the magma flux appears typically
to be two to ten times the magma supply due to
subduction alone (Johnson 1991; DePaolo et al. 1992;
Perry et al. 1993). Consequently, the supply of rhyolite to
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a continental volcanic system in a region of thick
continental crust can be expected to be as high as 0.001
to 0.005 km3 year–1. Insofar as documented storage rates
of high silica magma are in this range (e.g., Spera and
Crisp 1981), and that fractional crystallization is likely to
be involved, the flux of more mafic magma into the high
level system could be closer to 0.01 km3 year�1.

These values for average silicic magma fluxes are in
agreement with those calculated on the basis of eruption
volumes and repose times in systems in which there have
been recurrent CCF eruptions. Well-studied examples
include the Valles and Yellowstone calderas (Smith 1979;
Christiansen 1984) and the Okataina volcanic center,
Taupo, New Zealand (e.g., Bailey 1965; Davis 1985;
Bailey and Carr 1994; Schmitz 1995; Jurado-Chichay and
Walker 2001a, 2001b). The range of silicic magma supply
also brackets the canonical value of 0.002 km3 year–1

used by Smith (1979). Direct geophysical measurements
also yield comparable magma fluxes on relatively short
time scales. Whereas the volumetric inflation rate at Long
Valley between 1979 and 1998 has been estimated to be
about 0.006–0.02 km3 year–1 (Hill et al. 1985; Battaglia et
al. 1999), the inferred inflation rate for the Socorro
magma body is around 0.006 km3 year�1 (Fialko et al.
2001). Thus, to accumulate enough silicic magma for an
eruption of 1,000 km3 or more takes 105 to 106 years.

That large silicic magma bodies accumulate continu-
ously over time through injections of both mafic and
silicic magma is also supported by studies of large
granitic plutons, which may be associated with silicic
volcanic rocks (e.g., Wiebe 1974, 1993, 1994, 1996;
Michael 1991; Snyder and Tait 1995, 1996; Wiebe and
Collins 1998; Wiebe et al. 2002). The issue of magma
supply was apparently circumvented by Huppert and
Sparks (1988) in their model of the rapid production of
large quantities of silicic magma by wholesale melting of
preheated crustal rocks immediately overlying basaltic
sills. However, although instructive the Huppert and
Sparks (1988) model is misleading with regard to CCF
systems in two ways. First, CCF systems erupt silicic
magma that is largely derived by fractional crystallization
of more mafic magma (Johnson 1991; DePaolo et al.
1992; Perry et al. 1993), albeit with concurrent assimi-
lation. Second, the model does not account for the time
required to produce the basalt for the sill. Since these
authors calculate a roughly 1:1 ratio of basalt and silicic
magma, an implication is that it takes the same amount of
time to produce the basalt for the sill in a subduction zone
environment (i.e., 105–106 years) as we calculate to
accumulate silicic magma. This result is, however,
inconsistent with results from high-precision geochrono-
logical studies of active volcanic systems. Evidence from
short-lived U-series isotopes suggests that, for example,
basalt is seldom stored longer than about 103 years before
being erupted or injected into a shallow magma chamber
(e.g., Cohen and O’Nions 1993; Hemond et al. 1994;
Sims et al. 1999).

Thermal survival of dikes and wall-rock rheology

Dike propagation is generally thought to result from an
influx of magma that causes the pressure in a chamber to
rise over that of the surrounding rocks in response to the
expansion of the chamber walls (e.g., Blake 1984; Tait et
al. 1989; McLeod and Tait 1999). If a dike propagates to
the Earth’s surface (Spence and Turcotte 1985; Lister and
Kerr 1991; Rubin 1995b; Meriaux and Jaupart 1995,
1998), typically a distance of 5 to 10 km, a volcanic
eruption can result (Wilson et al. 1980).

Models of dike formation commonly treat the wall
rocks as homogeneous, purely elastic, isotropic media
with a constant strength and material stiffness, and
neglect effects such as the temperature- and strain rate-
dependence of wall-rock rheology, the magma supply,
and the shape and size of a magma chamber (e.g., Blake
1984; Tait et al. 1989; McLeod and Tait 1999). A fixed
flux of magma into a spherical chamber bounded by
perfectly elastic wall rocks produces a stress increase in
the wall rocks at a rate proportional to the fractional
increase in chamber volume (this concept is developed
further below). If the influx persists, the magma pressure
required to generate a dike will inevitably be reached.
However, if the wall rocks are sufficiently warm and the
strain rates due to chamber growth are appropriate, the
effective viscosity of the wall rocks may be low enough
such that the chamber overpressure drives radial creep
(effectively viscous flow) in the wall rocks, which can, in
turn, limit the maximum sustainable magma overpressure.
For the model and discussion that follows it will be useful
to introduce the “flow stress” of the wall rocks (cf. Carter
and Tsenn 1987), which is the viscous stress correspond-
ing to the radial strain rate arising due to chamber
expansion. The flow stress depends on temperature, radial
strain rate, and the bulk composition of the wall rocks.

The magma chamber overpressure, 4Pch, needed to
form a dike of length ‘ is thought to be only a few MPa,
which is also approximately the pressure needed for the
crack-tip stress intensity factor K (e.g., Griffith 1920;
Anderson 1995; Rubin 1995a; McLeod and Tait 1999),

K ¼ 1:12DPchð‘Þ1=2 ð1Þ
to exceed the fracture toughness, Kc, of crustal rocks
(Rubin 1995b). We note that this overpressure reflects the
criterion for an existing magma-filled crack in the
chamber wall to propagate into the wall rock. In contrast,
the overpressure required to nucleate a new fracture in the
chamber wall is much larger, closer to 50 MPa (e.g.,
Rubin 1995b).

Rubin (1995a) argues that the criterion K>Kc is
insufficient to insure that a dike will propagate to the
surface. If the dike is propagating into rocks of progres-
sively lower temperature, as would be the case for a dike
leaving a magma chamber, the flow rate of magma into
the propagating dike must be sufficiently large that the
dike widens faster than it narrows as a result of freezing at
the walls (see also Lister and Kerr 1991; Petford et al.
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1993; 1994). Rubin (1995a) shows that the criterion for
the thermal survival of dikes can be expressed in terms of
a dimensionless parameter, b:

b ¼ 2
3kmm

pDPch

� �1=2c dj Twr=dxj
L

DPch

E

� ��2

ð2Þ

where k, c, and �m are the thermal diffusivity, specific
heat and viscosity of the magma, dTwr /dx is the
temperature gradient in the wall rocks along the path of
the dike and E is the elastic modulus of the wall rocks. In
all calculations that follow we take E=1010 Pa, which is
about two to five times smaller than laboratory measured
values, but thought to be appropriate for crustal rocks
(e.g., Bienawski 1984; Rubin 1995a, 1995b). Assuming
the magma has a constant average viscosity and a eutectic
composition numerical models indicate that dikes cannot
propagate unless b is less than about 0.12 to 0.16,
depending on the relative magnitudes of the pressures in
the chamber, in the dike and in the (magma-free)
propagating dike tip. This range for b is conservative.
In particular, vertical and lateral temperature variations in
the magma within the dike, combined with volatile
exsolution into the wall rocks, could lead to large
increases in magma viscosity near the walls and the dike
tip, which would inhibit magma flow and, thus, enhance
the retarding effect of solidification on dike propagation.
Nevertheless, the major result of this model is that low
viscosity basaltic dikes are much more likely to propagate
through cold wall rocks to the surface than high viscosity
rhyolitic dikes.

By setting b to a nominal value of 0.15 in Eq. (2), we
can rearrange to get an expression for the critical
overpressure, 4Pcrit, needed to propagate a dike to the
surface to generate an eruption:

DPcrit ¼ 3:5
kmm

p

� �1=2c dj Twr=dxj
L

E2

� �2=5

ð3Þ

where the numerical constants on the right-hand side have
been combined and rounded off. Figure 1a, b gives 4Pcrit
as a function of magma viscosity for different values of the
temperature gradient. The temperature gradients chosen
correspond to heat flow values of 0.2 to 0.8 W m–2, a range
consistent with surface heat fluxes measured in geother-
mal areas (e.g., Palmaesson and Saemundson 1974;
Fournier and Pitt 1985; Bibby et al. 1995). For typical
rhyolite viscosities (105 to 107 Pa s–1), the critical
overpressure for dikes to propagate to the surface is
roughly 10 to 40 MPa. This requirement also leads to the
prediction that rhyolite dikes should be wider than basalt
dikes, which is broadly consistent with observations
(Lister and Kerr 1991; Rubin 1995a).

Summary of model components

Our approach has three main features. First, we assume a
spherical magma-chamber shape. This allows us to
calculate the stresses and strain rates resulting from an

influx of new magma in a straightforward way. Second,
we use the constraints on magma supply discussed above
to govern the range of stresses and strain rates that are
likely to characterize the growth of a magma chamber.
Third, it will be shown that Maxwell viscoelastic behavior

Fig. 1 a Variation of the dike thermal survival parameter b (cf.
Rubin 1995a) as a function of chamber overpressure for different
magma viscosities when the temperature gradient from the magma
to the wall rocks is conservatively set to –100 �C km–1. For a given
nominal b=0.15, say, a much larger (critical) overpressure is
required to propagate a high viscosity rhyolite dike to the surface
than to propagate a low viscosity basalt dikes to the surface. b For a
given b =0.15, the critical overpressure increases with both magma
viscosity and the magnitude of the downstream temperature
gradient
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in the wall rocks introduces an additional time scale and,
hence, we use an extension of the dike nucleation model
of McLeod and Tait (1999) to evaluate whether magma
viscosity plays a role in setting the time scale for dike
formation at the walls of a magma chamber. Using
available observational and experimental data on the
rheology of common crustal rocks (e.g., Kirby 1985;
Carter and Tsenn 1987), the model is applied to first
identify conditions leading to the suppression of rhyolite
dikes that propagate to the surface and, thus, to the long-
term accumulation and storage of silicic magma. Next, we
evaluate the potential controls on the frequency of
rhyolite eruptions under the conditions where rhyolite
dikes are produced readily. The additional influences of
regional tectonic stresses, unsteady or episodic magma
influxes, crystallization, and magma buoyancy on dike
formation are explored briefly, in turn.

Magma chamber and dike pressurization
with viscoelastic wall rocks

Magma chamber pressurization

Our model spherical magma chamber is assumed to be
embedded in a half-space with a Maxwell viscoelastic
rheology (see also Bonafede et al. 1986; Dragoni and
Magnanensi 1989; Anderson 1995; Newman et al. 2001),
and supplied with new magma at a volumetric flow rate
Q(t) (Fig. 2). The pressure within the chamber, Pch, is
taken to be hydrostatic and the (radial) normal stresses on
the chamber walls are uniaxial. The ambient stress field
far from the magma chamber is assumed to be lithostatic.
An influx of new magma causes the chamber to expand
against the restoring force imposed by the wall rocks
(which is governed by their rheology), resulting in an
increase in Pch above the normal values, which are set by
the depth to the chamber and the buoyancy of the magma
(Fig. 2). To a first approximation, this overpressure is
4Pch =Pch –sr, where sr is the remote lithostatic pressure
(buoyancy is discussed separately in a later section).

Following the approach of Dragoni and Magnanensi
(1989), the equation for a pressurized, expanding spher-

ical chamber in an incompressible Maxwell viscoelastic
half-space with a free upper surface can be written as:

2
Rch

dRch

dt
¼ 1

E

dDPch

dt
þ DPch

mwr
; ð4Þ

where Rch is the radius of the chamber and the effective
viscosity, �wr, and elastic modulus, E, are taken to be

Fig. 2a–c Definition sketches for the dike nucleation problem. a
The replenishment of a spherical magma chamber embedded in a
crustal half space with a Maxwell viscoelastic rheology. A flux of
new magma, which may be constant or variable in time, produces
overpressure in the chamber that can lead, in turn, to dike
formation. The maximum overpressure is determined by the height
of the magma column underlying the magma chamber. b Definition
of the chamber pressure, the remote stress and the “hoop stress”‚
which is the stress parallel to the magma–wall rock interface. c
Schematic illustration of a magma-filled crack and dike tip. The
difference between the magma and dike pressures drives flow into
the crack, which causes the pressure in the dike to rise. If the
resultant stress concentration at the crack tip, is sufficiently large
the crack will propagate into the wall rocks. In order for the dike to
propagate to the surface and cause an eruption, however, the
magma flux in the crack must exceed the rate of solidification (see
text for discussion)
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constant. The left-hand side of the equation is the radial
strain rate in the wall rocks at the chamber wall. The
right-hand side shows the elastic and viscous contribu-
tions to the strain rate, respectively (e.g., Dragoni and
Magnanensi 1989). The pressure 4Pch is equal to the
compressive deviatoric normal stress on the wall rocks at
the chamber wall. Tangential to the chamber walls there
is a tensile deviatoric stress equal to –4Pch/2 (Sammis
and Julian 1987; Dragoni and Magnanensi 1989), so that
the total stress, or “hoop stress” parallel to the chamber
walls is:

shðRchÞ ¼ sr �
DPch

2
: ð5Þ

For both elastic and viscoelastic wall rocks, the strain
rates and the deviatoric stresses decrease with distance
from the chamber as Rch= Rch þ dð Þ½ �3, where d is the
radial distance from the chamber wall (e.g., Dragoni and
Magnanensi 1989). The total differential stress (4Pch –s h)
on the wall rocks at the chamber margin is 1.54Pch (cf.
McLeod and Tait 1999).

Rearranging Eq. (4), we obtain the following differ-
ential equation describing the time–evolution of 4Pch:

1
E

dDPch

dt
¼ 2

Rch

dRch

dt
� DPch

mwr
: ð6Þ

An influx of buoyant magma from a deeper source
through a dike causes the chamber to expand. The
pressure driving the new magma into the chamber is
(presumably) limited by the height of the underlying
magma column, and is unlikely to exceed about 400 MPa
(see Fig. 2). Assuming the magma is incompressible, the
rate of change of chamber radius can be expressed in
terms of the magma influx Q(t) and chamber radius Rch or
volume Vch

2
Rch

dRch

dt
¼ QðtÞ

2pRchðtÞ3
¼ 2QðtÞ

3VchðtÞ
: ð7Þ

Substituting Eq. (7) into Eq. (6) leads to the governing
equation for the rate of change of magma chamber
overpressure:

1
E

dDPch

dt
¼ 2QðtÞ

3VchðtÞ
� DPch

mwr
ð8Þ

Thus, the buildup of excess pressure in the chamber
depends on the relative contributions of the elastic and
viscous strain rates. If 4Pch is initially zero, the elastic
strain rate will dominate at the start of a replenishment
episode and 4Pch increases in proportion to Q/Vch. The
chamber overpressure will increase until it is relieved
through the fracturing of bounding wall rocks or dike
formation, which may, in turn, lead to eruption. However,
over time, and depending on �wr, the viscous strain rate
eventually increases to match the total strain rate. In this
regime, chamber overpressure drives steady-state radial
creep in the wall rocks, and 4Pch approaches a constant.

The maximum overpressure, corresponding to the
condition d4Pch/dt=0 is

DPmax ¼
2mwrQ

3Vch
ð9Þ

where Q is the time-averaged magma influx and Vch is the
chamber volume. Consequently, if �wr can be estimated,
the maximum magma chamber overpressure as a function
of Q/Vch can be readily obtained. In the following
analysis, we evaluate 4Pmax for a range of plausible
wall-rock viscosities and also power law behavior (e.g.,
Brace and Kohlstedt 1980; Kirby 1980, 1983, 1985;
Carter and Tsenn 1987).

Magma chamber pressurization time scales:
“elastic” versus “viscous” regimes

Equation (8) can also be written in the form:

dDPch

dt
¼ E

mwr
DPmax � DPchð Þ ð10Þ

and applied in two asymptotic limits to define two time
characteristic scales for chamber pressurization. When
4Pmax is much greater than the overpressure needed to
propagate a dike, 4Pcrit, the wall rocks are effectively
elastic and viscous deformation is unimportant. In this
“elastic regime”, the time required to pressurize the
chamber to the critical pressure can be determined from:

te ¼
DPcrit

ðdDPch=dtÞe
¼ 3DPcritVch

2QE
ð11Þ

As will be discussed, this limit clearly applies in many
circumstances and, given the constraints on Q discussed
above, the implied dependence of te on chamber volume
may be important for interpreting the frequency of
eruptions in volcanic systems.

In the alternative limit we define as the “viscous
regime”, 4Pmax � 4Pcrit, and radial creep in the wall
rocks (Carter and Tsenn 1987) is important. Thus, the
time scale to pressurize the magma chamber is

tv ¼
mwr

E
ð12Þ

which is the viscoelastic relaxation time (i.e., the
“Maxwell time”). Explicitly, tv is dependent only on the
wall-rock properties. However, if �wr depends on strain
rate and temperature (discussed below), tv is also
dependent on chamber volume.

Pressurization of a pre-existing magma-filled crack

In the model of McLeod and Tait (1999), dikes form due
to magma being forced into pre-existing magma-filled
cracks in the wall of a chamber. The pressurization of the
magma in the crack lags behind the pressurization of the
magma in the chamber because of the time required for
magma to flow from the chamber into a dilating crack.
Magma flow from the chamber into a crack is driven by
the difference between the pressure in the chamber, Pch,
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and the pressure in the crack, Pd, and is retarded by
viscous stresses governed by the viscosity of the magma
�m and the width of the crack. The initial Pd can be equal
to the ambient lithostatic pressure sr, the hoop stress sh,
or a value in between. McLeod and Tait (1999) derive the
following equation that describes the evolution of dike
pressure with time (using our notation):

dPd

dt
¼ ðPd � shÞ3

3E2mm
Pch � Pdð Þ: ð13Þ

Using our definition of the chamber over pressure,
DPch ¼ Pch � srð Þ, and defining the “dike overpressure”,
DPd ¼ Pd � shð Þ, Eq. (13) can be rewritten in terms of
the chamber overpressure and the dike overpressure:

dDPd

dt
¼ DP3

d

3E2mm

3
2

DPch � DPd

� �
ð14Þ

Equations (10) and (14) are the governing equations
for the time evolution of the chamber and dike overpres-
sures when the wall rocks have a Maxwell viscoelastic
rheology. The equations apply only up to the point that
the dike begins to propagate. Once propagation com-
mences, additional equations are needed to describe the
flow of magma into the propagating dike (e.g., Lister and
Kerr 1991) and to account for the effect of magma loss
from the chamber on the chamber overpressure. Our
model should, however, be adequate to determine whether
a particular set of initial conditions (Q and Vch) and
material properties (E, mwr, �m) will produce chamber
overpressure sufficient to propagate a nascent rhyolitic
dike to the surface (10–40 MPa), and to determine the
timescales for changes in chamber and dike overpressure.

Although Eqs. (10) and (14) completely describe the
problem as posed, additional insight can be gained by
further non-dimensionalizing the equations. We define
pd ¼ DPd=DPmax and pch ¼ DPch=DPmax and rewrite
Eqs. (10) and (14) to obtain:

dpch

dt
¼ E

mwr
1� pchð Þ ð15aÞ

dpd

dt
¼ DP3

max

3E2mm
p3

d

3
2

pch � pd

� �
: ð15bÞ

Equations (15a) and (15b) identify the two time scales
that govern the dynamics of dike formation: the Maxwell
time, tv [cf. Eq. (12)] and the time scale for pressurization
of a dike,

td �
3E2mm

DP3
max

; ð16Þ

which is evident in the closed-form solution of McLeod
and Tait (1999) for the case of a constant hoop stress and
chamber over-pressure. The solution to Eq. (15b) col-
lapses the results of McLeod and Tait to a single curve
(Fig. 3a). Note that the initial value of4Pd for this model
is 1/24Pch and the final value is 3/24Pch, which follows
if it is assumed that the initial dike pressure is equal to sr

cf. Eq. (5). Figure 3a shows that the dike overpressure
responds slowly over a time t � td, after which point the
overpressure will increase rapidly towards 1.54Pch.

Non-dimensionalizing time in Eq. (15a) according to
t0=t/tv leads to a simplified form of the governing
equations:

dpch

dt0
¼ ð1� pchÞ ð17Þ

dpd

dt0
¼ tv

td
p3

d

3
2

pch � pd

� �
ð18Þ

which show the dependence of the evolution of dike
overpressure on the ratio tv=td. The solutions to Eqs. (17)
and (18) are plotted in Fig. 3b. When td < tv dike pressure
increases rapidly to match the chamber overpressure even
at low values of the chamber overpressure. Consequently,
the dike pressure approaches the maximum pressure on
the time scale for chamber pressurization tv . When td > tv

Fig. 3 a Dimensionless version of the McLeod and Tait (1999)
model of dike pressurization following an instantaneous increase in
magma chamber pressure. The lag in the time to pressurize a
preexisting magma-filled crack (i.e., the “dike pressurization time
scale”, td) is governed strongly by the chamber pressure and the
magma viscosity, which determine the flow rate from the magma
chamber into the crack. b Non-dimensional representation of the
relationship between dike pressurization and magma chamber
pressurization for the model of a constant magma influx to the
chamber and Maxwell viscoelastic wall-rock rheology. The time
lag between chamber and dike pressurization is governed by the
ratio of the dike pressurization time, td, to the time scale for
chamber pressurization in the viscous regime, tv, which is also the
Maxwell viscoelastic relaxation time
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dike pressurization is delayed in comparison to chamber
pressurization, and the time scale for the dike pressure to
approach the maximum is approximately td.

The solutions to Eqs. (17) and (18) were obtained
numerically assuming a constant 4Pmax. However, the
increase in the chamber volume with time caused by a
constant influx of new magma Q causes a slow reduction
in the maximum chamber overpressure 4Pmax during the
pressurization of the chamber and dike. For our purposes
this approximation is appropriate because the time scale
for the change of 4Pmax for magma chambers that are
moderately large (R � 4 km) is much longer (order
105 years) than either td or tv as estimated below.

Application of the model

Constant magma supply with uniform wall-rock viscosity

Figure 4 shows the maximum chamber overpressure
DPmax plotted against chamber volume V for Q=
0.005 km3 year�1 and for wall-rock viscosities of
1017–1020 Pa s–1. The value of Q used for this calculation
is higher than the nominal rate of accumulation of high
silica magma in many systems (0.002 km3 year�1) and,
hence, can account for a significant amount of crystal-
lization of more mafic magma that might be feed-
ing the chamber. For small magma chambers (less
than 10–102 km3) and higher viscosity wall rocks
(mwr >1020 Pa s–1) the stresses required to cause fracturing
of the wall rocks (ca. 50 MPa) or the propagation of
rhyolite dikes to the surface (10–40 MPa) are attained
readily. Thus, the replenishment of small magma cham-
bers, unless they are contained in country rocks with a
low effective viscosity, will probably lead to eruption.
The periodicity and volume of the eruptions will likely be
determined by the rate of replenishment and the volume
of magma that must be drained from the chamber to
relieve overpressure (e.g., Tait et al. 1989; Bower and
Woods 1997). In contrast, for large magma chambers
(>102 km3) and wall-rock viscosities of about 1019 Pa s–1

or less, radial creep in the wall rocks inhibits the chamber
from becoming sufficiently pressurized to generate rhy-
olite dikes that propagate to the surface. Consequently,
the magma supplied to the chamber will tend to accumu-
late, causing the chamber to grow progressively in
volume.

These results imply that once chambers become
sufficiently large, silicic volcanism should cease, despite
a continuous supply of new magma from deeper levels.
However, eruptions may be possible in this storage
regime if much larger values of Q can be generated
temporarily, or if stresses can be concentrated locally
along the chamber walls (see discussion below).

Constant magma supply with power law
wall-rock rheology

The results of rock mechanics experiments show that at
elevated temperatures and confining pressures, crustal
rocks flow by solid-state creep. The rheology of the wall
rocks is described by the Weertman relation (e.g., Brace
and Kohlstedt 1980; Kirby 1980, 1983, 1985; Carter and
Tsenn 1987):

de
dt

� �
v

¼ Ae�G=MTsn
v ð19Þ

Here, A is a constant that depends on the material, T is
absolute temperature, G is the activation energy for creep,
n is the power law exponent, sv is the deviatoric stress,
and M is the molar gas constant. The deviatoric stress is
mechanically equivalent to the flow stress in the wall
rocks, swr (cf. the section Thermal survival of dikes and
wall-rock rheology). The most compelling feature of this
approach to wall-rock rheology is that the effective wall-
rock viscosity is an explicit function of temperature and
strain rate. In order to keep our analysis simple we only
use representative values of the strain rate and temper-
ature to estimate the flow stress of the wall rocks. For
purposes of illustration, we use the strain rate in the wall

Fig. 4 The maximum chamber over-pressure, DPmax, generated by
a constant magma influx, Q=0.005 km3 year�1, as a function of
chamber volume, Vch, for a spherical chamber with wall rocks with
a constant viscosity. The shaded region shows the probable range
of critical dike overpressures, DPcrit ¼ 10� 40 MPa, required to
propagate a rhyolite dike to the surface. Curves are shown for
various wall-rock viscosities. If DPmax > DPcrit, the chamber is
approximately in the elastic regime and dike formation is expected
to lead to volcanic eruption. Conversely, if DPmax < DPcrit, the
chamber is approximately in the viscous regime, which favors
magma storage and the growth of large magma chambers. The
dashed line indicates the influence of magma buoyancy on DPmax
(see text for discussion)
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rocks at a distance Rch/2 from the chamber wall, and
evaluate the flow stress as a function of temperature. This
gives the following expression for the maximum chamber
overpressure:

DPPL
max �

2
3

16QðtÞ
81AVchðtÞ

eG=MT

� �1=n

ð20Þ

where the superscript “pl” means “power law” and we
have substituted the flow stress of the wall rocks for the
deviatoric stress according to

swrðRchÞ ¼
3
2

DPch ð21Þ

We use the material properties determined for West-
erly granite with 0.1 wt% water (Hansen and Carter 1983)
to represent the wall rocks: A=2�10–4 MPa–1.9 s–1,
G=141 kJ mol–1, and n=1.9. The experiments that were
used to define the parameters were carried out at
temperatures of 546 to 740 �C, a confining pressure of
1 GPa, and strain rates in the range 10–5 to 10–7 s–1.
Plausible conditions for a magma chamber emplaced in
the crust at depths between 15 and 5 km are T=200–
600 �C, sr=0.15–0.4 GPa, and strain rates between
about 10–9 and 10–14 s–1. The effective viscosity,
mpl

wr ¼ swr=3 de=dtð Þ, is 1017–1022 Pa s–1.
DPpl

max and mpl
wr are plotted as a function of Vch in Fig. 5a,

b, and mpl
wr is plotted against the radial strain rate de=dtð Þ

in Fig. 5c. Whereas varying Q has a small effect since
DPpl

max and mwr depend approximately on Q 1/2, DPpl
max and

mpl
wr depend strongly on the strain rate and temperature. In

particular, de=dtð Þ decreases by five orders of magnitude,
from a little less than 10–9 s–1 to less than 10–14 s–1, as the
chamber volume grows from 0.1 to 104 km3. At constant
strain rate, DPpl

max decreases by around a factor of 200
between 300 and 600 �C.

Finally, the results shown in Figs. 4 and 5a are similar.
For small magma chambers (less than 10–100 km3) and
relatively cool wall rocks (<400 �C), swr � DPcrit and
dike formation is expected to cause volcanic eruptions. In
contrast, for large magma chambers (>100 km3) and wall-
rock temperatures in excess of 300 to 350 �C, swr <
DPcrit and dikes are not expected to propagate to the
surface.

Comments on wall-rock viscosity

An important question is whether it is reasonable to
expect wall-rock temperatures such that swr � DPcrit. For
a geothermal gradient of 20 �C km–1, say, which may be
typical of cratonic crust, the ambient temperature at
depths of 5 to 15 km are in the range 100 to 300 �C and
swr > DPcrit. However, if a sufficient amount of magma
traverses the crust or is emplaced as dikes and sills, the
wall-rock temperatures are likely to increase over time
such that swr < DPcrit, resulting in conditions more
favorable for magma storage.

In general, batholiths and silicic volcanic systems that
produce large silicic magma chambers are in regions in
which the heat flow substantially exceeds that typical of
cratonic continental crust. Hence, it is not unreasonable to
expect that effectively viscous deformation of wall rocks
will influence the dynamics governing the formation of
dikes from large magma bodies (or small magma bodies
emplaced into warm or weak rocks). Furthermore, it may
not be necessary for the entire wall rock envelope to be in
the viscous regime. If swr < DPcrit for a substantial
fraction of the chamber walls (e.g., the lower half of a
pluton) resultant viscous flow may prevent any part of the
chamber from reaching a critical overpressure.

The effective viscosity of crustal rocks above a magma
chamber has been estimated using geodetic measurements
of surface deformations on the resurgent dome in the
Long Valley caldera (Newman et al. 2001). The best fit to
the data is achieved with a Maxwell viscoelastic model
and an effective wall-rock viscosity in the range 1015–
1018 Pa s–1. In their preferred model, the authors choose
an intermediate value of 1016 Pa s–1, which is much lower
than we calculate (Figs. 4 and 5), and also much lower
than the typical values of 1019–1021 Pa s–1, which are
usually taken to be applicable to the upper 10 km of
continental crust (Carter and Tsenn 1987; Bills et al.
1994). The Newman et al. (2001) results suggest that
magma chamber wall rocks can have relatively low
effective viscosities and, thus, that viscous deformation is
likely to be important. Recent studies have also shown
that pervasive fractures or “damage” to the host rock
during dike propagation or faulting (Lyakhovsky et al.
1993; Agnon and Lyakhovsky 1995; Lyakhovsky et al.
1998, 1997; Meriaux et al. 1999) further reduce the
effective viscosity of the wall rocks. In addition, meta-
morphic reactions in the potentially fluid-rich environ-
ment around a high level pluton may also contribute to
weakening the wall rocks (Rubie 1983). Therefore, our
conclusion is that the properties of wet Westerly granite
are reasonable, if not conservative, for evaluating our
model. It is clear that the wall rocks could be significantly
weaker in many instances.

Time scales for dike formation

Our analysis indicates that the time scales for chamber
pressurization (tv or te) determine the time needed to form
a dike. For constant Q, the time scale for dike pressur-
ization, td (cf. McLeod and Tait 1999), is unlikely to play
a role because it is significant only for unrealistically high
values of the magma viscosity. This conclusion is reached
by considering the conditions necessary for td to be larger
than tv or te. In the viscous regime, the condition td>tv
leads to the following:

mcrit
m >

mwr

3
DPmax

E

� �3

>
mwr

3
DPcrit

E

� �3

; ð22Þ
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where the second inequality recognizes that if 4P max is
not greater than 4P crit, no dike can form. Substituting
appropriate values (�wr=1019 Pa s–1,4P crit=2�107 Pa and
E=1010 Pa) yields the condition mcrit

m > 2� 1010 Pa s�1,
which is about two to four orders of magnitude greater
than the likely upper limit for typical (water-saturated)
rhyolitic magmas (Bottinga and Weill 1972; Shaw 1972;
Anderson et al. 1989; Wallace et al. 1995; Hess and

Dingwell 1996). Similarly, in the elastic regime the
condition td>te leads to:

mcrit
m >

3DPcritVch

2Q

DPcrit

E

� �3

: ð23Þ

For Q=0.005 km3 year�1, mcrit
m ¼ 1:5� 108 Pa s�1 only for

small magma chambers (Vch=0.1 km3). Hence, in the
elastic regime, td is important only for very high values of

Fig. 5 a The maximum chamber over-pressure, DPmax, generated
by a constant magma influx, Q=0.005 km3 year�1, as a function of
chamber volume, Vch, for a spherical chamber contained in wall
rocks with a power law rheology. The wall rocks are taken to be
Westerly granite with 0.1% water (e.g., Hansen and Carter 1983).
In a way similar to Fig. 4, the shaded region shows the probable
range of critical dike overpressures, DPcrit ¼ 10� 40 MPa, re-
quired to propagate a rhyolite dike to the surface and delineates

regimes leading to magma storage or volcanic eruption. Whether an
influx Q leads to volcanism or storage depends on both the volume
of the chamber and temperature of the wall rocks. b, c Plots of the
effective wall-rock viscosity, �wr, as a function of chamber volume,
Vch, and radial strain rate de=dtð Þ. The dashed lines in a indicate the
influence of magma buoyancy on 4P max (see text for discussion)

372



Q/Vch and only for very viscous magmas. Overall, it
appears that td is unimportant for most likely conditions
in our model.

Dike frequency and episodic magma supply

The elastic chamber pressurization time, te, is plotted
against chamber volume, V, in Fig. 6. For small, initially
unpressurized, chambers te can be interpreted to be the
amount of time required to pressurize a chamber to the
critical overpressure 4P crit. Assuming that eruption
relieves the chamber overpressure t e is then the minimum
time period between successive dikes, and hence should
approximate the minimum time between eruptions.

Direct observations of volcanic eruptions (e.g., Richter
et al. 1996), as well as measurements of ground
displacements before, during, and after eruptions (e.g.,
Dvorak and Dzurisin 1997), indicate that injections of
new magma can be episodic and have flow rates that vary
strongly in time (e.g., Wadge 1980). In addition, it has
been suggested that sudden increases in chamber storage

rate may lead to volcanic eruptions on Hawaii (Cayol et
al. 2000). Hence, it is useful to consider the influence of
episodic injections on dike formation—particularly in
large magma chambers in which reasonable long-term
values for Q do not lead to dike propagation to the
surface.

For large magma chambers in the viscous regime,
dikes can form only if the magma influx substantially
exceeds the long-term average value Q. The minimum
influx, Q min, necessary to generate a dike in a chamber of
volume, Vch, is given by:

Qmin ¼
3Vch

2mwr
DPcrit: ð24Þ

In order for DPmax to approach DPcrit this flux must be
maintained for a time roughly equal to the time scale, tv,
for chamber pressurization in the viscous regime (cf.
Fig. 3b) and, thus,

DVmin � Qmintv ð25Þ
At the typical long-term supply rate Q, the time to

produce this magma and store it at deeper levels before
injection into the chamber is:

Dtmin �
DVmin

Q
¼ te: ð26Þ

Thus, for large magma chambers in the viscous
regime, as well as for small chambers in the elastic
regime, the elastic pressurization time scale gives an
estimate for the minimum time between eruptions, which
should be simply proportional to Vch/Q, assuming that
4Pcrit and E are constant.

Other mechanical considerations

Magma buoyancy

In the foregoing analysis, the influence of the buoyancy of
silicic magma on the overpressure in the magma chamber
is neglected. The additional overpressure due to magma
buoyancy depends on the height of the buoyant magma
layer and the density structure in the surrounding crust. In
the simple case of a spherical magma chamber composed
only of incompressible silicic magma the chamber
overpressure will increase vertically along the chamber
walls and have a maximum of 4rgR at the top of the
body. Thus, for a density difference, Dr=250 kg m�3

(Petford et al. 1994), DPmax can be increased by 2.5 to
25 MPa, say, for R=1 to 10 km. The influence of
buoyancy on DPmax is indicated in Figs. 4 and 5a, and it is
apparent that buoyancy may be important for producing
dikes from very large magma chambers that are otherwise
in the viscous regime. However, if larger chambers tend
to become flattened or are layered with silicic magma
underlain by neutrally-buoyant more mafic magma, as
suggested by the data shown in Fig. 7 (see discussion
below), the maximum thickness of a buoyant magma

Fig. 6 The time scale for chamber pressurization in the elastic
regime, te, versus chamber volume for different values of the
magma influx to the chamber. The viscous time scale for chamber
pressurization, tv, which depends only on material properties of the
wall rocks, is shown for reference for two wall-rock viscosities. If
magma chambers are initially at lithostatic pressure and are in a
regime in which dikes can form te gives, approximately, the
amount of time to pressurize a chamber to the critical overpressure,
DP crit, required to propagate a rhyolite dike to the surface. Hence,
te indicates also the minimum repose time between successive
eruptions. Also shown are conditions inferred for the Okataina
volcanic complex (O), New Zealand and the Mono–Inyo (M–I)
volcanic chain in the Long Valley caldera, CA. Assuming that the
observed frequency of (small volume, non-CCF) eruptions indi-
cates te, we apply measurements of eruption volumes to constrain,
in turn, the long-term magma supply, Q, and the volume of the
chamber prior to an eruption (see text for discussion)
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layer may be 0.5–3 km, corresponding to an additional
overpressure of 1–10 MPa. Thus, magma buoyancy is
likely important for the dynamics of dike formation in the
largest magma chambers (Figs. 4 and 5a) and may even
provide an upper limit to the vertical size of silicic magma
chambers.

Regional extension

Tectonic extension could influence dike formation in two
ways. Extension can suppress dike formation by increas-
ing the volume of the chamber and dissipating chamber
overpressure. On the other hand, extension can enhance
dike formation by stretching the roof and floor rocks at a
rate sufficient to cause tensile failure.

Whether or not the roof rocks fail in tension during
tectonic extension depends on the magnitude of the
resultant flow stresses in comparison to the failure
strength of the rock. This can be evaluated from Fig. 5c.
Typical tectonic strain rates are in the range 10–14–10–15 s–1

(Carter and Tsenn 1987). Under these conditions, rocks
under substantial confining pressure and at temperatures
above 300 �C should flow rather than fracture. Hence,
tectonic extensional strains will likely not fracture the hot
rocks near the pluton.

In the viscous regime, extension should enhance the
chamber overpressure at the sides of the chamber aligned
with the direction of the least principle compressive
regional stress by an amount equal to the deviatoric
tensile stress in that direction. Extension will concomi-
tantly decrease the chamber overpressure in the plane
perpendicular to the direction of extension. Hence, with
an influx of new magma it will be possible to expand the
chamber in the direction of extension without generating
overpressure anywhere but along the two sides of the
pluton aligned with the extension direction. For a

chamber with an elliptical cross section the influx, Qex,
necessary to balance the negative chamber overpressure
in the plane perpendicular to the extension direction is the
rate of change of chamber volume due to expansion along
the long axis. This condition can be shown to be:
Qex ¼ _eeexVch, where the subscript “ex” denotes extension
and _eeex is the tectonic strain rate. For a plausible strain
rate of 10–14 s–1 Qex is negligible for small chambers, but
approaches the expected values of Q as the chamber
volume approaches 104 km3. As a result, extension has
little effect on the chamber overpressure generated by a
magma influx into small chambers. In contrast, for large
chambers, extension can significantly decrease the over-
pressure at the top of the chamber, leading to an enhanced
suppression of dike formation.

The stresses maintained in hot crustal rocks at the
strain rates characteristic of regional tectonism are of
order 10 MPa (Fig. 5c), and are comparable to DPcrit. In
general, however, extension should make dike generation
from the tops of plutons even less likely when viscous
deformation is significant. Extension is also expected to
increase the likelihood of dike formation at the sides of
chambers that are aligned with the extension direction,
which may augment the lateral growth of magma
chambers.

Crystallization in the magma chamber

The influence of solidification on the volume of stored
magma cannot be neglected for the large magma bodies
that supply CCF eruptions; crystallization is in fact
needed in order to produce the high silica compositions of
many of the erupted magmas. We present a simplified
analysis to show that crystallization rates compete with
magma supply for large chambers. The extent to which
crystallization reduces the magma accumulation rate
depends on a balance between the heat carried into the
chamber by the new magma, the heat loss to the wall
rocks, and the rate at which latent heat is produced by
crystallization.

Assuming the magma to be on its liquidus with some
crystals, the ratio of the crystallization rate, Qxl, to the
magma influx, Q, can be expressed as:

Qxl

Q
� qS

QrL
� cDT

L
; ð27Þ

where r and c are the density and specific heat of the
magma, q is the average heat flux at the walls of the
chamber, S is the surface area of the chamber, and 4T is
the temperature difference between the new and resident
magmas. The approximate sign is used because Eq. (27)
does not account for enthalpy of mixing or for compo-
sitional effects on the liquidus temperature (cf. DePaolo et
al. 1992; Jellinek and Kerr 1999). The critical surface area
at which crystallization will be sufficiently fast to
maintain a steady-state volume fraction f of crystals in
the chamber (this is met if Qxl=fQ) is:

Fig. 7 Plot of minimum erupted volume caldera area vs. minimum
erupted volume for rhyolitic eruptions around the world. The
largest cataclysmic caldera-forming (CCF) eruptions typically have
volumes that significantly exceed 100 km3 and were erupted from
magma chambers in which silicic magma layers were around 0.5 –
3 km thick.
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Scrit ¼
QrðfLþ cDTÞ

q
: ð28Þ

Consequently, solidification rates are sufficient to
increase the volume fraction of crystals in a chamber
only when the chamber surface area S � Scrit. In the
simple case of a spherical magma chamber with radius R,
Eq. (28) becomes:

Rcrit ¼
Qr
4pq
ðfLþ cDTÞ

� �1=2

: ð29Þ

Thus, for a given magma chamber size, a lower influx
of new magma is needed to maintain a magma with a high
crystal content than to maintain one with a low crystal
content.

Studies of the heat flux from active magmatic systems
in Iceland (Palmaesson and Saemundson 1974), Yellow-
stone caldera (Fournier and Pitt 1985), and the Taupo
Volcanic zone, New Zealand (Bibby et. al. 1995), indicate
similar cooling rates and a surface heat flux q in the range
0.2 to 0.8 W m–2. For a magma influx Q=0.005 km3

year–1,4T=100–300 �C, q=0.5 W m–2, a critical chamber
radius of 3 to 6 km is obtained for f=0.1 to 0.5. The
corresponding critical chamber volume is between 100
and 900 km3.

Hence, crystallization does not greatly affect the
magma accumulation rate until magma bodies reach a
volume corresponding to a large CCF eruption. Once the
chamber volume becomes large, the maintenance of
eruptible magma requires a large value of Q. In order to
maintain a chamber with a volume greater than 1,000 km3,
it is necessary that Q/q be significantly higher than the
values we have used here, and it is also likely that
eventually the rate of crystallization becomes higher than
the magma influx.

Geometric effects in non-spherical chambers

Figure 7 shows data from a large number of caldera
systems (Lipman 1984) and indicates that the thickness of
the layer of magma erupted in large CCF eruptions is only
about 0.5 to 3 km, roughly a factor of ten smaller than the
maximum horizontal dimension of the caldera. These data
suggest that large magma chambers are flattened in the
vertical direction, and (or) that the thickness of low-
density magma in the chamber is small compared to the
total chamber height. In the case of a magma chamber
shape that departs radically from spherical, the stresses
generated by inflation of the chamber are non-uniform.
One way to generate dikes from a large chamber is if
there are regions of stress concentration along the
chamber walls. For a flattened, disc-shaped chamber,
replenishment might result mainly in lateral spreading of
the chamber. Hoop-stresses and strains might then be
concentrated locally at the lateral edges of the chamber,
which would behave effectively like chambers of smaller
radius, allowing dikes to form around the periphery of the
chamber. Thus, we would expect large disc-shaped

chambers to leak silicic magma to the surface mainly at
the margins. This idea is consistent with the observations
at Long Valley, for example, where the pre-caldera lavas
and tuffs of Glass Mountain were erupted from vents that
define an arcuate trend along the eastern edge of the
caldera. At Jemez, New Mexico, post-caldera dacites
were erupted in a ring corresponding closely to the outline
of the caldera (Smith and Bailey 1968; Bailey et al. 1976).

Discussion

Evolution of wall-rock rheology: role of “preheating”

Our model allows us to relate the eruptive behavior of
silicic volcanic systems to wall-rock rheology, magma
supply, and magma chamber volume. Indeed, the rheol-
ogy of the wall rocks may be particularly important. For
the range of strain rates we have identified to be
appropriate, shallow crustal rocks will presumably behave
in an effectively viscous way only if a substantial volume
of rock enclosing the magma chamber is heated to well
above the normal geotherm.

Thus, the constant or episodic replenishment of newly-
formed magma chambers in relatively cold wall rocks is
expected to lead to dike formation and volcanic eruptions.
With prolonged magmatic activity and/or after an
extended time after emplacement of a magma body,
however, the wall rocks may become sufficiently warm
that viscous effects become important. Consequently, one
prediction of the model is that large, shallow silicic
magma chambers are likely to form only after a protracted
period of precursory volcanism during which wall rocks
are “pre-heated.” A maximum time for preheating is the
time scale for thermal diffusion across a 1–2-km thickness
of rock, say, which is about 50,000 to 200,000 years. This
time scale may be reduced if, for example, convective
heat transfer in a spatially extensive hydrothermal system
is important or if a large number of dikes traverse the wall
rocks within a distance comparable to the radius of the
chamber.

It is generally observed that large caldera-forming
(CCF) eruptions occur in volcanic systems that have been
active for an extended period of time. For example, at
Long Valley, California, the Bishop Tuff formed more
than 106 years after the initiation of the rhyolitic
volcanism of Glass Mountain. In the Okataina volcanic
center, Taupo volcanic zone, New Zealand, large CCF
eruptions of the Matahina and Rotoiti ignimbrites at 280
and 60 ka, respectively, were each preceded by (1–
10 km3) dome-forming and pyroclastic eruptions, the
most notable of which have produced the Tarawera and
Haroharo volcanic complexes (Bailey 1965; Davis 1985;
Bailey and Carr 1994; Schmitz 1995; Wilson et al. 1995;
Jurado-Chichay and Walker 2001). More generally, the
behavior observed at Long Valley and Okataina volcanic
systems is similar to that of the Valles/Toledo Caldera
(Smith 1979; Spell et al. 1990, 1996), the Yellowstone
Caldera (Hildreth 1981, Table 1) and the Timber Moun-
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tain/Oasis Valley Caldera (Farmer et al. 1991). It is also
common that plutonic rocks associated with volcanism,
where they are exposed by erosion, are typically younger
than the corresponding volcanic rocks (e.g., Lipman
1988).

Threshold chamber size

Our model predicts that, for large magma chambers
(>100 km3), it is generally difficult if not impossible to
produce sufficient overpressure (10–40 MPa) to generate
a rhyolite dike capable of causing an eruption. Conse-
quently, once a chamber is sufficiently large, it becomes
difficult to drain and magma can accumulate virtually
without limit (or at least until a mechanical limit not
identified by our model is attained). The question still
exists, however, about how to achieve the threshold
chamber size. There are several possibilities. Initially, the
chamber may be composed of neutrally buoyant (more
mafic) magma that is unlikely to erupt. Alternatively, the
chamber may initially be fed with a low magma influx,
such that the critical chamber overpressure is not reached.
Another possibility is that during the early part of
chamber growth, the magma in the chamber may have a
crystal content sufficiently high that it is uneruptible (cf.
Marsh 1988).

Recurrence interval for eruptions and chamber volume

Once a large (>102 km3) silicic magma chamber is
established, the theory suggests that the chamber can be
drained via dikes and eruptions under only two circum-
stances. The first is that magma be delivered to the
chamber in pulses in which the influx of new magma
greatly exceeds the long-term magma supply Q, such that
a critical chamber overpressure can be reached. The
bigger the chamber, the larger the pulse of new magma
that is required for an eruption to occur. As this new
magma must first be produced, larger pulses also imply
longer times between eruptions. The second circumstance
is when the chamber is flattened in the vertical direction
(i.e., highly non-spherical), in which case dikes might be
generated at the edges of the chamber where the curvature
of the chamber walls is high and where stress may be
concentrated as new magma enters the chamber. This
effect may be enhanced by regional extensional stresses,
which will tend to make the formation of dikes most
likely at the ends of the chamber aligned with the
extension direction.

The requirement for a minimum magma pulse size to
generate an eruption leads to a prediction that the eruption
interval should be correlated with magma chamber
volume (Fig. 6), and the correlation is about the same
regardless of whether the wall rocks are responding
elastically or in an effectively viscous way. This corre-
lation is difficult to prove in nature because the volume of
magma contained in subsurface chambers in regions of

active volcanism is not easily estimated and, in addition, a
substantial geochronological database is required to
establish the recurrence interval. There are enough data
for two systems to allow us to begin to evaluate this
correlation—the Mono-Inyo Craters of eastern California,
and the Okataina system in New Zealand. For the Mono-
Inyo system the recurrence interval is in the range of 200
to 700 years for rhyolite eruptions over the past several
thousand years (e.g., Metz and Mahood 1985, 1991;
Christensen and DePaola 1993; Davies et al. 1994), and
the eruption rate is about 0.001 km3 year�1. The
recurrence rate is plotted in Fig. 6 using a magma supply
equal to the eruption rate. This suggests a chamber
volume of about 100 km3. A higher value for the magma
supply would yield a proportionally higher value for the
chamber volume. For Okataina, about 80 km3 of rhyolitic
magma has been erupted over the past 21,000 years in
nine eruptions (e.g., Nairn 1981). The average interval
between eruptions is about 2,200 years and the eruption
rate is about 0.004 km3 year�1. The eruption rate and
recurrence interval for Okataina correspond to a chamber
volume of about 2,000 km3 (Fig. 6).

Granitic plutons and rhyolitic magma chambers

The model may also be useful for understanding the
occurrence and size of large granitic plutons. In order to
produce plutons with volumes of order 104 km3, it is
necessary to accumulate and store magma for an extended
time, as well as to have a magma supply rate that is
significantly larger than the rate of internal crystallization.
The production of large intrusive bodies, where the
magma need not be eruptible, is less demanding than the
production of large reservoirs of eruptible rhyolite. If we
rearrange Eq. (29), we obtain an expression for the
minimum magma influx, Q crit, needed to maintain a
magma body with a crystal fraction, f:

Qcrit ¼
4pqR2

rðfLþ CDTÞ ¼
4:8qV2=3

ch

rðfLþ CDTÞ ð31Þ

Hence, the same magma supply can sustain a larger
magma body at constant crystal fraction if the magma has
higher crystal content. At high crystal contents (f >0.5),
the magma apparently cannot erupt because of its high
viscosity (Marsh 1988), so the tendency to accumulate
rather than erupt magma is stronger than predicted in our
model. It is noteworthy in this context that the magma
erupted in the largest documented caldera-forming erup-
tion of the Fish Canyon Tuff (>5,000 km3), which formed
the LaGarita caldera in southwest Colorado (Lipman et al.
1997; Bachmann et al. 2003), had a particularly high
crystal content (ca. 50% by volume). Granitic batholiths
also typically occur in extensional settings (e.g., Atherton
1990), which is consistent with the idea that chamber
expansion due to extension will further suppress dike
formation. Finally, batholiths are also associated with
high crustal heat flow, which is due mostly to efficient
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heat transfer within spatially extensive hydrothermal
systems (e.g., Taylor 1971; Taylor and Forester 1979;
Norton and Knight 1981). In addition to distributing the
heat flux from plutons over broad areas, it is well known
that hydrothermal circulation leads to fracturing in
magma chamber wall rocks. Protracted warming and
fracturing will cause the effective viscosity of wall rocks
to decline over time, causing them, in turn, to deform in
an increasingly viscous way in response to chamber
growth (Figs. 4 and 5). A further implication of our model
is, thus, that the occurrence and size of large granitic
plutons may be a natural consequence of the growth and
evolution of a rhyolitic magma chamber that initially
supported volcanism.

Our model can explain the development of large
magma chambers filled with eruptible, buoyant magma. It
does not produce a clear limit on the ultimate size of a
magma chamber that can be formed. One limit may be
imposed by the magma supply. If the magma supply to a
large chamber decreases significantly from the critical
value [cf. Eq. (31)], the magma will eventually crystallize
sufficiently to become uneruptible (cf. Marsh 1988). We
also hypothesize that if large chambers become flattened,
eventually the roof may become gravitationally unstable,
limiting the ultimate size of calderas. This hypothesis will
be investigated in a separate paper. It is noteworthy that,
however, our analysis can explain eruption periodicities
in the range of 10 years to about 10,000 years (Fig. 6), but
cannot explain periodicities of ca. 300,000 to
600,000 years that have been determined for caldera
systems in which there have been multiple large CCF
eruptions (e.g., Jemez Mountains, New Mexico, the
Taupo Volcanic zone, New Zealand, and Yellowstone).
As noted above, the buoyancy of a silicic magma layer at
the top of a chamber may produce sufficient overpressure
to produce dikes if the thickness of the layer approaches
4 km. Consequently, an implication of our results is that
with continued growth a chamber initially in the viscous
regime could evolve back into the elastic regime.
Therefore, the influence of magma buoyancy could act
to limit the height, if not the ultimate volume of crystal-
poor silicic magma chambers.

Summary and conclusions

Large catastrophic caldera-forming (CCF) eruptions of
silicic magma require that large volumes of buoyant
magma be stored in shallow magma chambers. The
volumes of the largest CCF eruptions, which are in excess
of 1,000 km3, when compared with the typical rates at
which magma can be produced in subduction zone and
extensional environments (0.001 to 0.01 km3 year�1/vol-
cano), require that magma accumulate and be stored in a
chamber over time periods of 105 to 106 years. Why does
buoyant silicic magma get stored rather than erupt at
about the same rate it is produced?

We suggest that the evolution of upper crustal silicic
magma chambers is controlled by the magma supply to

the chamber, the volume of the chamber, and the wall-
rock rheology. This conclusion is reached by investigat-
ing the pressurization of a spherical chamber of varying
size due to influxes of new magma derived from deeper
levels and delivered to the magma in pressurized dikes.
The deep magma supply is constrained by geological data
on the rates of magma generation in the subduction zone
and related environments, by the repose times of large
eruptions in caldera systems, and by the thermal require-
ments for maintaining magma in the upper crust at a
relatively low degree of crystallinity. Our analysis is
based on a nominal long-term average magma supply rate
of Q=0.005 km3 year�1, but the conclusions reached vary
little if the supply is in the range 0.001 to 0.02 km3 year�1.

Using the equation for a Maxwell viscoelastic solid to
describe the response of the wall rock to the expansion of
a chamber of radius Rch and volume Vch being fed with
new magma at a rate Q, we calculate the maximum
magma overpressure (relative to the surrounding wall
rocks) that can be generated as a function of Q/Vch and the
effective viscosity or flow stress of the wall rocks. The
wall rocks are assumed to have either a uniform viscosity
(1017–1020 Pa s–1), or the power law behavior of wet
Westerly granite (Hansen and Carter 1983). The latter
gives effective viscosities in the range 1021–1017 Pa s–1

and flow stress in the range 109 to 106 Pa for temperatures
in the range 300 to 600 �C, and the strain rates (10–9–
10–14 s–1) that characterize the near field environment of
expanding spherical chambers varying in volume from
0.1 to 104 km3.

Small chambers (V � 100 km3) with relatively cool
wall rocks can be readily pressurized to the critical
overpressure (ca. 10–40 MPa) needed to form and
propagate rhyolite dikes from the chamber to the surface.
The critical overpressure is calculated from the model of
Rubin (1995a) and reflects the requirements for suffi-
ciently rapid dike propagation to avoid freezing of the
dike tip. It is, therefore, inferred that small chambers with
cool wall rocks should generally be drained of magma by
eruption at a rate that is similar to the rate that magma is
supplied to the chamber from deeper levels. In this
regime, eruptions should relieve overpressure, be rela-
tively frequent, and of small volume compared with CCF
eruptions. Large chambers (V �100 km3) with warm wall
rocks, however, cannot be sufficiently over-pressured to
form dikes with the typical long-term supply rate Q. In
this regime there is a strong tendency for magma to
accumulate in the chamber, for eruptions to be sup-
pressed, and for the chamber to continue to grow in
volume as it is fed with new magma. The storage regime
can be enhanced by regional extensional stresses, which
tend to lower the overpressure attainable near the roof of
the chamber, and by increasing temperature in the wall
rocks. The storage regime can be overcome by supplying
magma to the chamber at a rate that is far above the long-
term average value. However, such behavior requires
magma to be first accumulated for a time that depends on
Q before it is fed into chamber. Large chambers may also
produce dikes if they are irregularly shaped (e.g.,
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flattened in the vertical direction) such that stresses
generated by expansion are concentrated at more strongly
curved parts of the chamber wall.

The limitations on magma supply produce additional
limitations on the time scale over which magma chambers
can be pressurized to produce dikes. This time scale is
independent of wall-rock rheology and proportional to
Vch/Q. For chamber volumes in the range 10 to 104 km3,
this time scale, which equates to the minimum eruption
interval, varies from about 10 to 10,000 years. At these
time scales, the lag time for pressurization of a pre-
existing magma filled crack (cf. McLeod and Tait 1999)
is unimportant for determining the frequency of eruptions.
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