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9.08.1 Introduction

The thermal evolution of Earth’s interior has fea-
tured fundamentally in the geological sciences, and
it continues to do so. This is because Earth’s internal
heat fuels the driving mechanism of tectonics, and
hence of all geological processes except those driven
at the surface by the heat of the Sun. The thermal
evolution also featured famously in a nineteenth-
century debate about the age of Earth.

9.08.1.1 Cooling and the Age of Earth

According to Hallam (1989), from the time when the
origin of Earth was considered by scientists of the
European Enlightenment it was conceived as having
started hot, notably in the nebular theories of Kant
and Laplace. This led to conjectures and very rough
estimates of how long it may have taken to cool
down, and thus to estimates of the age of Earth.
However, it was not until Fourier had formulated
his ‘law’ of conduction and the science of thermody-
namics was established that a quantitatively reliable,
though physically inappropriate, estimate of Earth’s
age emerged. This was done by William Thomson,
better known as Lord Kelvin, who played a key role
in the development of thermodynamics, notably as
the formulator of the ‘second law’.

Kelvin actually calculated an age for the Sun first,
using estimates of the gravitational energy released by
the Sun’s accretion from a nebular cloud, the heat

content of the present Sun, and the rate of radiation of
heat, concluding that the Sun was likely to be younger
than 100 Ma and most unlikely to be older than 500 Ma
(Kelvin, 1862). The following year Kelvin calculated an
age of Earth using different physics (Kelvin, 1863). He

reasoned that the known geothermal gradient of about
20�C km–1 near Earth’s surface would have declined
from an essentially infinite gradient at the time of
Earth’s formation. Making use of Fourier’s law to
solve the resulting thermal diffusion problem (Davies,

1999) he obtained an age between 20 and 400 Ma with
his most probable value being 98 Ma. There ensued
several decades of heated debate between and among
geologists and physicists, with Kelvin’s last estimate

(Kelvin, 1899) being only 24 Ma.
A number of Kelvin’s assumptions were challenged

during the course of this long controversy, the most
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telling challenge in retrospect coming from The
Reverend Osmond Fisher (Fisher, 1881) who pointed
out that if Earth’s interior were ‘plastic’ (meaning in
some degree fluid), then a much greater reservoir of
heat would be tapped and the resulting age could be
much greater. Fisher’s point was that conduction alone
would have cooled only the outer few hundred kilo-
meters of Earth, whereas a circulating fluid could bring
heat from much deeper as well, so it would take longer
for the larger amount of heat to be removed at the
currently observed rate. Fisher’s point did little to
settle the nineteenth-century controversy, but it
returned in a slightly different guise a century later.

The controversy with Kelvin was finally settled
through the discovery of radioactivity, which pro-
vided a previously unknown source of heat within
Earth, so heat could be replenished as it is lost
through the surface, and the flow of heat thus main-
tained for much longer than Kelvin’s estimates. The
actual determination of Earth’s age relied on exploit-
ing a different aspect of radioactivity, the production
of daughter isotopes. This task was pursued most
notably by Holmes from early in the twentieth cen-
tury (Holmes, 1911, 1913) but not completed to
general satisfaction until meteorites were dated by
the lead–lead method and Earth was shown to fit
within the meteorite trend (Patterson, 1956). The
age of Earth is still determined only indirectly.
9.08.1.2 A Static Conductive Mantle?

The discovery of the heat generated by radioactivity
provided Earth with an enduring source of heat, but
it created another problem by breaking the consis-
tency in Kelvin’s argument between age and the
removal of heat by conduction. If heat escapes from
Earth’s interior by conduction, then Kelvin’s argu-
ment would still seem to require Earth to be less than
100 My old, otherwise the surface heat flow would be
much less than is observed. Put another way, if Earth
is 4.5 Gy old, roughly 100 times Kelvin’s estimate,
then the geothermal gradient ought to be 10 times
less than the 15–20�C km�1 commonly observed in
deep mines and boreholes. This is because in the
relevant thermal diffusion process the heat flow
(and the temperature gradient) declines in propor-
tion to the square root of time (Davies, 1999).

Until the 1960s, it was most generally held that
Earth’s mantle is solid and unyielding (Jeffreys, 1976).
This conclusion was based on several lines of evidence,
the most obvious being that the mantle transmits seis-
mic shear waves, and shear waves cannot propagate
through a liquid because a liquid does not have any
shear strength. A second argument is that Earth’s
response to tidal forces implies quite high rigidity.
Finally, Earth has, on average, a slightly greater equa-
torial bulge than is accounted for by its rotation, and
this was intepreted to imply that the mantle has a
viscosity (a fluid’s resistance to flow) sufficiently high
to preclude significant internal motion. Against this,
the concept of a deformable ‘asthenosphere’ extending
down for several hundred kilometers was widely held
among geologists as necessary to accommodate the
considerable movements they inferred to have
occurred in the crust (Barrell, 1914).

The initial presumption used to reconcile the
observed heat flow with a static mantle was that the
radioactivity must be confined to within about 20 km
of the surface, and observations in continental areas
support this (Jeffreys, 1976). The implication is that
most of the heat emerging from continental crust is
generated there and can readily be conducted to the
surface. The amount of heat coming from deeper was
presumed or implied to be very small. However, this
encounters the problem that heat flow from ocean
basins is greater than from continents, but the thin,
less radioactive oceanic crust can account for only a
small fraction of the total (Sclater et al., 1980).

A later presumption was that thermal conductiv-
ity must increase substantially with depth, so that a
sufficient heat flow could be sustained for a much
greater time. This possibility was bolstered by the
proposal that radiative transfer of heat could be
important in the mantle (Clark, 1957). The idea is
that if mantle minerals are sufficiently transparent,
then the blackbody radiation of the hot materials
could transmit significant distances. Since the trans-
mission would be like a random walk it constitutes a
diffusion process and so can be described by an
enhanced effective conductivity. However, the pre-
sence of iron in minerals tends to reduce the
transparency of the minerals at the relevant wave-
lengths (Shankland et al., 1979). Thus, it was not at all
obvious that radiative transfer could resolve the issue.
There have been recent claims for a significant effect
(Hofmeister, 2005), though if they are significant it
would probably only be for the deepest mantle.
9.08.2 The Convecting Mantle

The emergence of plate tectonics in the 1960s
directly implied that at least the upper part of the
mantle is mobile. In 1969 Goldreich and Toomre
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(1969) pointed out that the excess bulge at the equa-
tor varied about as much with longitude as with
latitude, so the old explanation that it was a fossil
from past faster rotation could not be correct. In their
reinterpretation, the Earth adjusts its rotation to bring
its largest bulges to the equator, and this implies an
‘upper’ bound on viscosity that is quite compatible
with a mobile mantle. With later interpretations of
postglacial rebound constraints and positive geoids
over subduction zones, the current picture is that the
upper mantle has a viscosity of (1–3)� 1020 Pa s
while the lower mantle is perhaps 30 times more
viscous than this (Hager, 1984; Mitrovica, 1996;
Mitrovica and Forte, 1997).

A robust argument in favor of mantle convection
was put by Tozer, starting in the 1960s at a time when
the possibility was still hotly disputed (Tozer, 1965,
1972). He noted that the viscosity of mantle material
is strongly dependent on temperature, as we will be
considering shortly, which means its resistance to
convection decreases rapidly as its temperature
increases. He argued that either the mantle started
hot and would therefore be soft enough to convect, or
radioactivity would heat it until it reached a tem-
perature at which it would become soft and mobile,
and convect. This is essentially our present under-
standing, as we will shortly see.

The idea of some kind of mantle convection
quickly became widely accepted, though for a time
there was some reluctance to admit the lower mantle
into the convection mileu (Isacks et al., 1968;
McKenzie et al., 1974). Eventually, the lower mantle
was also conceived as mobile (McKenzie and Weiss,
1975; Davies, 1977; O’Connell, 1977) and it was then
realized that convection would be efficient enough at
transporting heat that the surface heat flux would
fairly closely approximate the radioactive heat gen-
eration in the interior. However, it was difficult to
quantify the heat transported by convection because
the required numerical models challenged the com-
puters available at that time and because the
temperature dependence of mantle viscosity creates
technical challenges. Nevertheless, there is a simple
and fairly general relationship that relates the heat
transported by a convecting fluid to the temperature
difference across the fluid layer (e.g., Turcotte and
Oxburgh, 1967; Rossby, 1969; McKenzie et al., 1974).
McKenzie and Weiss (1975) and Davies (1979) used
this relationship to estimate temperature changes in
the mantle on the assumption that the heat loss at
Earth’s surface reflects the heat generation in the
interior.
Subsequently several groups realized, more-or-
less independently, that the relationship could be

used to calculate the thermal evolution of the Earth

without assuming that heat loss is equal to heat pro-

duction. Sharpe and Peltier (1978, 1979) were the

first, although they implemented it in terms of an

enhanced thermal diffusion, which does not accu-

rately represent the internal temperature profile.

Others soon used it to characterize the total heat

transport in terms of a representative internal tem-

perature (Cassen et al., 1979; Schubert, 1979;

Schubert et al., 1979a, 1979b, 1980; Stevenson and

Turner, 1979; Davies, 1980; Stacey, 1980). The treat-

ments in these papers were closely equivalent,

although differing in minor detail. Systematic pre-

sentations are given by Davies (1999), Schubert et al.

(2001), and Turcotte and Schubert (2001). The pre-

sumption in the simple theory is that the essential

relationship between temperature difference and

heat flow is not sensitive to the local details, like

geometry, whether the flow is turbulent or laminar,

and so on. Experience in other fields had already

shown that it can be a good first approximation

(Rossby, 1969). The influence of some factors will

be illustrated after a reference case is presented.
The relationship between heat flow and internal

temperature is expressed most generally in terms of

the Nusselt number, Nu, and the Rayleigh number,

Ra:

Nu ¼ aðRa=RacÞp ½1�

where a and p are constants and Rac is the critical
Rayleigh number, that is, the Rayleigh number at
which convection just begins. Typically a� 1,
p� 1/3 and Rac� 1000. Here

Nu ¼ qD=K �T ½2�

and

Ra ¼ g���TD3

��
½3�

where q is the surface heat flux, D is the depth of the
fluid layer, K is thermal conductivity, �T is the
temperature difference across the fluid layer, g is
gravity, � is density, � is thermal expansion, �
¼ K/�CP is thermal diffusivity, � is viscosity, and CP

is specific heat at constant pressure. Equation [1] can
be rearranged to give

q ¼ qr
�T

�Tr

� �1þp �

�r

� � – p

½4�
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where subscript r refers to a reference state, which
could be the present Earth, for example. This gives
the heat flux in terms of the temperature difference
driving the convection.

The viscosity is kept explicit in eqn [4] because it
is a strong function of temperature in the mantle, and

this has an important effect. The viscosity can be

written as

� ¼ �r exp TA
1

T
–

1

Tr

� �� �
½5�

where

TA ¼ ðE� þ PV �Þ=RG ¼ H �=RG ½6�

and E�, V�, and H� are the activation energy, volume,
and enthalpy, respectively, P is pressure, RG is the gas
constant and �r is the viscosity at a reference tem-
perature Tr. TA could then be called an activation
temperature. With E�¼ 400 kJ mol�1 and
RG¼ 8.31 J mol�1 K�1, TA¼ 48 100 K, which is the
source of the strong dependence of � on T.

To compute the thermal evolution of the mantle
we need the energy equation for the mantle, consid-

ered as a covecting layer. With the situation depicted

in Figure 1, the energy equation can be written as

dTu

dt
¼ MmHm þ Qc –Qm

�mMmCm
½7�

where Tu is the upper-mantle temperature, Hm is the
rate of heat generation per unit mass of the mantle,
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Figure 1 Sketch of temperature profiles through Earth
(geotherms). (a) Initial state. (b) Present state. Tc, mean core

temperature; Tb, core–mantle boundary temperature; Tl,

lower-mantle temperature; Tm, mean mantle temperature;

Tu, upper-mantle temperature; Ts, surface temperature.
Mm and Cm are the mass and specific heat of the
mantle, respectively, and �m¼Tm/Tu, where Tm is
the mean temperature of the mantle. Qc and Qm are
the heat flows out of the core and the mantle, respec-
tively. For the moment we will take Qc to be zero. Qm

is just given as

Qm ¼ 4�R2
eq ½8�

where Re is the radius of Earth and q is given by eqn
[4]. In this context it is appropriate to take
�T¼ (Tu�Ts), where Ts is the temperature at
Earth’s surface (Figure 1).

The heat generation is taken to be due to radio-
active heating and is given by

Hm ¼
Ue

Ur

X4

i¼1

hiexp½�iðtE – tÞ� ½9�

where Ue is the equivalent uranium concentration
that would yield the observed heat loss, the index i

refers to the isotopes 238U, 235U, 232Th, and 40K, hi is
the heat production per unit mass of uranium, �i is
the decay constant, and tE is the age of the Earth. Ur is
the Urey ratio, defined as the ratio of present heat
loss to present heat generation in the Earth, that is,

Ur ¼ Qm=HmMm ½10�

This is the reciprocal of the way Ur is sometimes
defined. Values for the required parameters are given
in Table 1.
9.08.2.1 A Reference Thermal History

A solution for eqn [7] that reasonably satisfies obser-
vational constraints is shown in Figure 2 (heavy
curves). Parameters used generally in calculations
here are given in Table 2, while observational con-
straints are given in Table 3. The level of radioactive
heating has been adjusted, through the Urey ratio, to
yield a present heat loss of about 36 TW (36� 1012

W), which is the portion of Earth’s total heat loss
(41 TW) emerging from the mantle, the balance
being generated in the continental crust and lost
directly to the surface (Davies, 1999).

The initial temperature is taken rather arbitrarily
to be 1800�C. The peak temperature during the for-
mation of Earth is difficult to estimate, because it was
presumably determined by a competition between
heat deposition by large impacts and heat removal
by the ‘gardening’ effect of further impacts, by con-
duction near the surface, by mantle convection, and



Table 1 Parameters of heat-producing isotopes

Isotope
(i)

Half life
(Ga)

Decay const.a

(�i) Ga�1
Powera (mW)
(kg Element)�1

Element/
Ub (g/g)

Power (hi)
(mW (kg U)�1)

238U 4.468 0.155 94.35 1 94.35
235U 0.7038 0.985 4.05 1 4.05
232Th 14.01 0.049 26.6 3.8 101.1
40K 1.250 0.554 0.0035 1.3�104 45.5

Total 245

aStacey (1992).
bGaler et al. (1989).
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Figure 2 A typical thermal evolution of the mantle (heavy

curves) and a thermal evolution in which the viscosity is
almost independent of temperature (light curves). (a)

Temperature. (b) Heat generation (dashed) and heat loss

(solid). (c) Viscosity. The parameters of the calculations are

adjusted to fit presently observed conditions given in Table 3.
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by rapid cooling of surface melt, including the possi-
bility of a transient magma ocean (Davies, 1990).
Heat transport by magma is generally so much
more efficient than the other mechanisms that it
would presumably have prevented the temperature
from rising too high, but all of the processes are
complex and poorly constrained enough to make
only rough estimates. Anyway the point here is just
to illustrate the kind of behavior during later thermal
evolution and the reasons for it.

Figure 2 illustrates typical features of this kind
of solution – there is an early transient phase of
rapid cooling, lasting about 0.5 Ga, and thereafter
the heat loss tracks the heat generation, which slowly
declines due to radiaoactive decay. As the heat
generation declines, the mantle adjusts by slowly
cooling so that its heat loss also declines. However,
the slow cooling releases some internal heat that
must also be removed, so the heat loss is larger
than the heat generation. Another way to look at
this is that the cooling occurs because the heat
loss is a little larger than the heat generation, as
described by eqn [7]. If the heat generation were
constant, the heat loss would asymptotically
approach the heat generation, and the ultimate state
would be a steady state in which heat loss balanced
heat generation.

The character of this solution is determined by
the strong temperature dependence of the mantle
viscosity, which changes by three orders of magni-
tude during the evolution (Figure 2(c)). At the
beginning the viscosity is much lower than at present,
and this reduces the resistance to mantle convection
(see eqn [4]) which can therefore remove heat very
rapidly (Figure 2(b)). This high heat loss causes
the temperature to drop rapidly (Figure 2(a)), but
then the viscosity rises rapidly (Figure 2(c)) and
reduces the heat loss (Figure 2(b)). This early tran-
sient stage continues until the heat loss approaches
the heat generation, at which point the initially large



Table 2 Quantities used in calculations

Symbol Quantity Value

Mc Mass of the core 2.1024 kg

Mm Mass of the mantle 4.1024 kg

Re Radius of the Earth 6371 km
Rc Radius of the core 3485 km

Cc Specific heat of the core 1000 J kg�1 K�1

Cm Specific heat of the
mantle

1000 J kg�1 K�1

�m Density of the mantle 3500 kg m�3

�m Thermal expansion of

the mantle

2� 10�5 K�1

�m Thermal diffusivity of the

mantle

0.86� 10�6 m2 s�1

	u Viscosity of the mantle 1021 Pa s

E� Activation energy of the
mantle

400 kJ mol�1

V� Activation volume 2.5�10�6 m3 mol�1

Ts Surface temperature 0�C
Tu Present upper-mantle

temperature
1300�C

nm Heat flow – temperature

exponent (mantle)

1/3

Ue Uranium abundance

equivalent to present

mantle heat loss

38 ng g–1

Table 3 Empirical constraints on the present thermal

regime

Quantity Value Reference

Upper-mantle

temperature

1300�C McKenzie and Bickle

(1988)

Mantle heat loss 36 TW Davies (1999)

Plume heat transport 3.5–7 TW Davies (1999), Bunge
(2005)
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imbalance between them becomes small and there-

fore the rate of decline of temperature slows

(Figure 2(a)).
The behavior is rather different if the viscosity is

only a weak function of temperature, as is also illu-

strated in Figure 2 (light curves) for a case in which

the activation energy is reduced from 400 to

20 kJ mol�1. In this case the initial heat loss is only a

little greater than the present heat loss (61 vs 37 TW),

because only the temperature term in eqn [4] is

significantly different, the small variation in viscosity

hardly affecting the heat loss. In fact, the heat loss in

this example starts out lower than the heat genera-

tion, which means the mantle actually heats up

initially. Only after the heat generation decays to
lower values does the mantle temperature start to
decrease. Thereafter the temperature declines, but
never as fast as in the early transient phase of the
black curve in Figure 2(a). In fact, the transient phase
is still in progress in the constant viscosity case. This
is also reflected in the large difference between the
heat loss and the heat generation (Figure 2(b)) – the
Urey ratio in this case is 2.0.

The difference between these two solutions arises
because in the former case a relatively small tem-
perature change, about 200�C, is sufficient to reduce
the heat loss as the rate of heat generation declines
from about 130 to 29 TW, a decline by a factor of 4.5.
The change in heat loss comes mainly through the
large increase in viscosity (Figure 2(c) and eqns [4]
and [5]) accompanying this modest change of tem-
perature. In the latter case, the change in heat loss
must be accomplished solely through �T, which
must decrease by (4.5)3/4, or a factor of 3. Thus, the
mantle would be required to cool by 1200�C (from
1800 to 600�C) to reduce the heat loss to its presently
observed value. This requires the removal of much
more internal heat, which is why heat production is
only half of the heat loss rate in this case, the other
half coming from internal heat.

Thus, the strong temperature dependence of man-
tle viscosity results in the early transient cooling
phase being relatively brief, about 500 Ma.
Thereafter, the thermal regime tracks the slow
decay of radiogenic heat. Incidentally, it is not very
useful in light of this to think of contributions from
primordial heat versus radiogenic heat, since there is
no clear way to separate them in the present Earth. It
is more useful to separate the early transient phase
(which ‘can’ usefully be thought of as removing
‘excess’ primordial heat) from the later phase regu-
lated by radioactivity. It is also useful to separate
current radiogenic heat production and the heat
released by the decreasing internal heat of the man-
tle, as its temperature declines.
9.08.3 Internal Radioactivity and the
Present Cooling Rate

The approach taken above of adjusting the Urey
ratio amounts to inferring the internal heat produc-
tion rate that would account for the present rate of
heat loss, assuming the present theory is accurate.
The early conclusion from models like those in
Figure 1 was that the Urey ratio is significantly
greater than 1, meaning the heat loss rate is greater



Table 4 Implied cooling rates of the mantle

Case Thermal Chondr. .5 Chond. Fig. 2 Fig. 2

Qm(TW) 36 36 36 32.4 36.9

Hm(TW) 28 22 10 28.6 17.9

Qnet(TW) 8 14 26 3.8 19.0
Ur 1.25 1.6 3.6 1.13 2.1

dT/dt

(�C Ga�1)

�63 �110 �205 �30 �150
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than the heat generation rate. For example, Schubert
et al. (1980) found Ur¼ 1.2–1.5, while Davies found
Ur could be as high as 2 (Davies, 1980), though
subsequent work yielded values in the range 1.25–
1.35 (Davies, 1993).

Another early conclusion was that these results
are marginally consistent with Earth having a com-
plement of uranium and thorium like that of
chondritic meteorites, with a potassium complement
such that K/U¼ (1–2)� 104. The latter ratio is lower
than for chondrites, but consistent with the ratio
found in surface rocks. The depletion of potassium
relative to chondrites fits a trend of stronger deple-
tion for more volatile elements (McDonough and
Sun, 1995; Palme and O’Neill, 2004).

Subsequently, it has emerged that there seems to
be a significant discrepancy. The U content of the
primitive mantle (precrust extraction) is estimated to
be 22 ng g�1 (Palme and O’Neill, 2004). With a cur-
rent heat production from U, Th, and K of 245
mW kg�1 of U (Table 1), this implies a heat produc-
tion of 5.4 pW kg�1 of mantle and a total heat
production of 22 TW. On the other hand, the
observed mantle heat loss is about 36 TW, which
implies Ur¼ 1.6, higher than the estimates from ther-
mal evolution modelling. Ur¼ 1.3 would require the
total heat production to be about 28 TW.

The discrepancy is actually worse than that,
because about half of Earth’s complement of heat-
producing elements is estimated to be in the conti-
nental crust (Rudnick and Fountain, 1995), which
implies that the average mantle U content is only
about 10 ng g�1. The actual U content of the source
of mid-ocean ridge basalts is even smaller, less than
5 ng g�1 (Jochum et al., 1983), which implies that
there may be some deeper region of the mantle
that has higher concentrations. If we take only the
inferred mean mantle U content of 10 ng g�1 then
the implied heat production is only about 10 TW
and Ur¼ 3.6.

Such a large imbalance would imply that the
mantle is cooling rapidly. Table 4 summarizes sev-
eral examples of heat input, Urey ratio, and the
resulting cooling rates. Chondritic mantle heating
implies that the mantle is cooling by about
110�C Ga�1, whereas if only half of the chondritic
heat sources are in the mantle, the cooling rate would
be over 200�C Ga�1. Thermal evolution models that
match the present heat flow yield cooling rates of 50–
70�C Ga�1, although the example given in Figure 2,
which falls a little short of the observed heat loss rate,
has a cooling rate of only 30�C Ga�1. The case in
Figure 2 with little variation in viscosity has a pre-
sent cooling rate of 150�C Ga�1.

It is difficult to see how the larger cooling rates
just quoted can be consistent with the geological
record, since they imply that the late Archean mantle
would have been 300–600�C hotter than at present.
As pointed out by Campbell and Griffiths (1992),
although there are Archean komatiites with source
potential temperatures of 1800–1900�C, the koma-
tiites comprise only a small fraction of Archean mafic
rocks, the great majority of which are basalts with
source potential temperatures no more than 100–
200�C above the present mantle temperature. The
komatiites are interpreted to come from the core of
plumes or analogous high-temperature mantle
upwellings, and would therefore not be representa-
tive of mean mantle temperatures. The lower cooling
rates of 30–60�C Ga�1 in Table 4 would be consis-
tent with this interpretation of the dominant basaltic
Archean rocks.
9.08.4 Variations on Standard
Cooling Models

A number of variations on this kind of thermal his-
tory model have been explored. These have the same
general character as the reference model in Figure 2,
but the details differ.
9.08.4.1 Effect of Volatiles on Mantle
Rheology

The viscosity of mantle materials is affected by water
content, as well as by temperature and pressure
(Hirth and Kohlstedt, 1996). Reducing the water
content from typical values of a few hundred micro-
grams per gram to zero can increase the viscosity by
about an order of magnitude. The effect of this on
thermal evolution was explored by McGovern and
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Schubert (1989) and Schubert et al. (2001). Typical

results are illustrated in Figure 3, in which ‘degas-

sing’ and ‘regassing’ models are compared with a

model in which the viscosity is not affected by

water (Schubert et al., 2001). Their parametrization

of the degassing and regassing processes was rather

simplified, but it suffices to illustrate the effect here.

The main effect of the removal by degassing of up to

1.5 ocean masses from the mantle is to increase the

mantle temperature by about 100�C. Returning

water to the mantle (‘regassing’) has the reverse

effect.
This result can be simply understood as the man-

tle self-regulating to compensate for the stiffening of

its material. If all the water were to be removed

suddenly, the mantle viscosity would increase and

convection would slow. This would reduce the rate

of heat loss, so the mantle would begin to heat up (or
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Convection in the Earth and Planets. Cambridge:

Cambridge University Press.
to cool more slowly) through its internal radioactiv-
ity. As it heated the viscosity would drop, and when
the viscosity reached the value it had before the
removal of the water the convection would have
returned to its previous vigor and the previous rate
of heat loss would be restored. The authors confirm
that the heat flow and the viscosity are similar in the
‘dry’ and ‘wet’ models, the only significant difference
being in their temperature.
9.08.4.2 Two-Layer Mantle Convection

The hypothesis that the mantle convected in two
layers separated at the transition zone at 660 km
depth has fallen from favor since seismic tomography
yielded images of subducted lithosphere penetrating
deep into the lower mantle (Grand et al., 1997).
However, the possibility of layering deeper in the
mantle is still debated (Kellogg et al., 1999). Although
the example given here is of the earlier form of two-
layer convection, it adequately illustrates the effect of
layering.

Spohn and Schubert (1982) and Schubert et al.

(2001) formulated the viscosity in terms of the so-
called homologous temperature, which is the ratio of
temperature to melting temperature (or more accu-
rately for the mantle, the solidus temperature, at
which melting begins). They also assumed that the
lower-mantle material is 60 times more viscous than
the upper mantle at the same temperature and pres-
sure, due to it being in high-pressure phases. The
resulting temperature structure is shown in
Figure 4(a), with a whole-mantle convection model
for comparison. There is a steep increase in tempera-
ture by nearly 500�C near 660 km depth. This
increase actually comprises two thermal boundary
layers on opposite sides of the interface – a lower
thermal boundary layer of the upper mantle and an
upper thermal boundary layer of the lower mantle.
There is also a small thermal boundary layer at the
base of the lower mantle and a strong one at the top of
the upper mantle, for a total of four thermal bound-
ary layers.

In spite of the higher intrinsic viscosity of the
lower mantle in this model, the viscosity ends up
being almost the same as in the upper mantle because
of the higher temperature in the lower mantle. As in
the previous example, the mantle has self-regulated
by adjusting its temperature until the viscosity is such
as to allow the required heat transport to occur. (In
this particular model, the rate of heat generation in
the lower mantle had to be kept quite low so the
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lower mantle did not melt. However, the mantle
solidus is not very well determined at very high
pressures so the real mantle might be more tolerant
of higher heating rates.)

The evolution of homologous temperature is
shown in Figure 4(b). The upper-mantle cooling is
similar to the reference example given earlier – there
is a brief, rapid transient cooling followed by a
slow decline as radioactivity declines. The lower
mantle cools much less. This is because it can only
begin to cool as the upper-mantle temperature falls,
and because the temperature drop across the top
thermal boundary layer of the lower mantle is
relatively small, so it drives weaker convection
and so transports less heat. (The authors also
included a separate core layer in both models. An
example in which the core is treated explicitly is
given below.)
9.08.4.3 Static Lithosphere Convection,
and Venus

Earth’s lithosphere turns out to be unusual within the
solar system, in that it is mobile in spite of being cold

and strong. Its mobility comes about because it is also,
loosely speaking, brittle. Evidently internal stresses

are enough to fracture it into pieces, and the pieces
comprise the tectonic plates. Other solid planets and

satellites in the solar system seem to have strong but
unfractured lithospheres, with the possible exception
of Venus. These are sometimes called one-plate pla-

nets. The big difference, from the point of view of
mantle convection, is that most of the lithospere does

not partake in the convection. It is expected that only
the lower part of the lithosphere will be warm

enough to be mobile and hence ‘drip’ away and
drive convection. Since the lithosphere is also the
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location of most of the (negative) buoyancy that
might drive convection, it means that less buoyancy
is available to drive convection than is available in
Earth’s mantle, in which the whole lithosphere foun-
ders into the mantle.

The effect of a static lithosphere can be illustrated
by using a higher surface temperature, Ts, in calculat-
ing the temperature difference �T across the top
thermal boundary layer in eqn [4]. In effect Ts is
taken to define the boundary between the static and
mobile parts of the lithosphere. An example with
Ts¼ 900�C is shown in Figure 5. The main effect is
to raise the temperature of the mantle by nearly 200�C.
As in previous examples, we see that the mantle self-
regulates by adjusting its internal viscosity, through its
temperature, until the convection is vigorous enough to
transport the required amount of heat. The viscosity is
reduced by about a factor of 25 (Figure 5(c)). This type
of model might also apply to Venus, whose surface
temperature really is high, about 475�C.

The more difficult question in considering a static
lithosphere is in estimating how much of the lower
lithosphere will take part in convection, especially in
different circumstances or as a mantle slowly cools.
This has been considered in a series of studies, and
various formulations have been proposed. One
approach is to use the temperature dependence of
viscosity to define a length scale over which the
viscosity varies by a characteristic amount, say a
factor of 10. Several studies have found scaling laws
using a mobile layer thickness defined in terms of this
length scale (Davaille and Jaupart, 1993; Solomatov,
1995; Ratcliffe et al., 1997; Grasset and Parmentier,
1998) and using the viscosity of the actively convect-
ing fluid below the lithosphere. On the other hand,
Manga et al. (2001) used the viscosity at the mean
temperature across the lithosphere and concluded
this more usefully characterized their results.
generation. (c) Viscosity. The high surface temperature

effectively defines the boundary between the lower, warmer

part of the lithosphere that is soft enough to partake in
convection and the upper, cooler part that is too strong to

move. Only the lower, mobile part of the lithosphere is

available to drive convection, and the mantle compensates
for the reduced driving buoyancy by running hotter, by

nearly 200�C, so the viscous resistance is reduced in

proportion. The heat loss (panel (b)) is the same as for the

mobile-lithosphere model. This type of model could also
apply to Venus, whose surface temparture is high (475�C).
9.08.5 Coupled Core–Mantle
Evolution and the Geodynamo

Stevenson and Schubert (1983) and Stacey and Loper
(1984) first treated the core as a separate layer with its
own thermal history, and the latter authors made the
fundamental point that plumes or other upwellings
from the base of the mantle are driven by heat emer-
ging from the core. Subsequently, others have further
explored such models (Davies, 1993, 2007b; Schubert
et al., 2001; Nimmo, 2007). Figure 6 shows an example,
taken from Davies (2007b). The evolution of mantle
temperature and surface heat flow is very similar to

that of the reference model (Figure 1). The model is

adjusted so the present heat flow from the core,



10

11

12

13

14

15
lo

g(
po

w
er

) (
W

)

0

1000

2000

3000

4000

5000

IC
 r

ad
iu

s 
(k

m
);

 T
em

p 
(°

C
)

0 1 2 3 4
Time (Ga)

(a)

(b)

Tb

Tl

Tu

I. C. Rad.

Qm

Qc

Φ

Figure 6 Coupled thermal history of the mantle and core,
including dissipation in the core and growth of the inner core.

(a) Heat flow. Qm, mantle heat loss; Qc, core heat loss; �,

dissipation in the core with (solid) and without (dashed) the

effects of the inner core; dotted curve, heat generation. (b)
Temperature histories and inner core radius. Symbols are

defined in Figure 1. From Davies GF (2007b) Mantle regulation

of core cooling: A geodynamo without core radioactivity?

Physics of the Earth and Planetary Interiors 160: 215–29.

10

11

12

13

14

15

lo
g(

po
w

er
) 

(W
)

0 1 2 3 4
0

1000

2000

3000

4000

5000

Time (Ga)

IC
 r

ad
iu

s 
(k

m
);

 T
em

p 
(°

C
)

(a)

(b)

0.5
2.2
5.0

Figure 7 Core thermal histories with different efficiency

factors governing removal of heat by the mantle. Curve

identifications are the same as in Figure 6. From Davies GF
(2007b) Mantle regulation of core cooling: A geodynamo

without core radioactivity? Physics of the Earth and

Planetary Interiors 160: 215–229.

Thermal Evolution of the Mantle 207
4.3 TW, is within the range inferred from hot spot

swells (Table 3), on the assumption that hot spots are

caused by plumes rising from the base of the mantle

(Davies, 1988; Sleep, 1990). In this model the core heat

flow is remarkably steady through Earth history, with a

maximum of only 5.8 TW. This low and steady heat

flow causes only moderate core cooling, by 260�C. The

temperature difference between the mantle and the

core also remains fairly steady.
It turns out that there are other possible thermal

histories that yield similar present heat flows. This is

illustrated in Figure 7, which compares three cases in

which the efficiency with which mantle plumes

transport heat away from the core is varied. There
is some uncertainty in a numerical factor controlling

this efficiency, with which the cases are labeled

(Davies, 2007b). With higher plume efficiency, the

early core heat flow is higher (Figure 7(a)) and the

core cools more (Figure 7(b)). The mantle cooling

history is not greatly affected and only one case is

shown, for clarity. Rapid core cooling reduces the

temperature difference between the core and the

mantle and, since this also determines the plume

heat flow, the core heat loss declines (Figure 7(a))

and ends up close to the first case. The value of the

present core heat loss actually passes through a max-

imum in this kind of model as the efficiency of plume

transport is varied (final heat losses are, respectively,

4.3, 5.3, 3.8 TW). To remove this ambiguity of past

core heat loss we will need either better



40003000200010000
0.00

0.05

0.10

0.15

Age (Ma)

F
ra

ct
io

n 
of

 c
ru

st
pr

od
uc

ed
 p

er
 2

00
 M

a 
   

 

Figure 8 Distribution of the age of continental crust. From

McCulloch MT and Bennett VC (1994) Progressive growth of
the Earth’s continental crust and depleted mantle:

Geochemical constraints. Geochimica et Cosmochimica

Acta 58: 4717–4738.

208 Thermal Evolution of the Mantle
characterization of the efficiency of plumes (or other
upwelling), or perhaps contraints from paleomagnet-
ism, or both.

The thermal history of the core is closely tied to
the generation of the Earth’s magnetic field, which is
believed to occur by the dynamo action of convection
in the core (e.g., Labrosse and Macouin, 2003;
Roberts et al., 2003). A puzzle has arisen recently
concerning how to reconcile the calculated core
cooling rate with the energy required to maintain
the dynamo and also with the inferred age of the
inner core. The inner core is involved because com-
positional convection arising from the solidification
of the inner core couples to the dynamo more effi-
ciently, which is therefore readily maintained. Before
the inner core began to solidify fairly strong thermal
convection might have been required to maintain the
dynamo, but this would imply faster core cooling
and, eventually, rapid growth of the inner core.
Unless the inner core began to grow relatively
recently (only about 1 Ga), it would have grown
bigger than is observed. This only intensifies the
difficulty of driving the dynamo before the inner
core started to form, and yet the paleomagnetic evi-
dence is that a magnetic field of comparable strength
to the present field has existed at least since 2.5 Ga,
and possibly since 3.5 Ga. To reconcile these diffi-
culties, it has been proposed that the core contains a
radioactive heat source, in the form of dissolved
potassium (Buffett, 2002; Nimmo et al., 2004). None
of the models in Figures 6 and 7 include core
radioactivity.

Included in Figures 6(a) and 7(a) is the rate of
energy dissipation in the core, �, which is the max-
imum energy available to the dynamo. Also included
(Figures 6(b) and 7(b)) is the radius of the inner core,
with the initiation temperature adjusted to yield the
present inner core radius of 1220 km. There is some
uncertainty in the energy required to maintain the
dynamo, with estimates ranging from 0.1 to 2 TW
(Buffett, 2002; Roberts et al., 2003). Two of the mod-
els have dissipation around 1 TW for much of Earth
history, so they would be viable even with a fairly
high dynamo requirement. The low core heat model
of Figure 6 would only be viable before the inner
core formed if a low-energy requirement applies.
This argument is explored in more detail elsewhere
(Nimmo et al., 2004; Davies, 2007b; Nimmo, 2007).
The main point here is to illustrate how the core
thermal history is regulated by mantle dynamics
and therefore quite sensitive to the details of mantle
behavior.
9.08.6 Alternative Models of Thermal
History

The models considered so far are characterized by
assuming mantle convection to be basically similar to
convection in more familiar fluids and by their
smoothly decreasing temperature and heat flow. On
the other hand, Earth’s tectonic history appears to
have been quite episodic, since the distribution of
ages in the continental crust is strongly peaked, as is
illustrated in Figure 8. Since plate tectonics is a
manifestation of mantle convection, it is not obvious
that such a smoothly varying history could give rise
to such a peaked age distribution. Therefore,
mechanisms that might produce an episodic thermal
evolution have been considered. We have also seen
that estimates of Earth’s internal radioactivity based
on conventional thermal evolution models are hard
to reconcile with estimates from cosmochemistry.
This has given rise to one quite novel kind of
model, which is considered below.
9.08.6.1 Episodic Histories

It was suggested fairly soon after plate tectonics
became accepted that pressure-induced phase trans-
formations in the mantle transition zone (400–660 km
depth) could affect convection by either hindering or
enhancing the rising and sinking of buoyant and nega-
tively buoyant fluid (Schubert et al., 1975). Machatel
and Weber (1991) demonstrated that, depending on
the thermodynamic parameters involved, phase
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transformations could so hinder convection that it
separates into two layers. This was confirmed in
more detail in subsequent studies (e.g., Honda et al.,
1993; Tackley et al., 1993; Nakakuki et al., 1994;
Solheim and Peltier, 1994b, 1994a; Weinstein, 1995).
However, studies that incorporated strong tempera-
ture dependence of viscosity, thus allowing plates and
plumes to be incorporate into the models, showed less
propensity for layering (Nakakuki et al., 1994; Davies,
1995a). Also it seems that the thermodynamic para-
meters of the phase transformations are only
marginally adequate to cause layering, at least in the
present mantle (Bina and Helffrich, 1994; Tackley
et al., 2005).

However, it is also plausible that conditions in the
past were more conducive to layering. This led
Honda (1995) to develop a parametrized convection
model in which the mantle is initially layered but
later undergoes a transition to whole-mantle convec-
tion. Davies (1995b) developed a more elaborate
model, featuring multiple episodes of layering fol-
lowed by breakdown into whole-mantle convection.
One such history is illustrated in Figure 9. There is
considerable uncertainty in several of the parameters
entering such models, so this should be taken as no
more than a conjectural illustration of the kind of
episodes that might have been induced by phase
transformations.
layers becomes large enough to cause a breakthrough and

thermal homogenization, before layering is re-established.

This example is conjectural and illustrative only (see text).
From Davies GF (1995b) Punctuated tectonic evolution of

the earth. Earth and Planetary Science Letters 136:

363–379.
9.08.6.2 Strong Compositional Lithosphere

Motivated in part by the discrepancy in inferred
radioactive heat sources, Korenaga (2006) has
devised a substantially different kind of thermal evo-
lution model. He assumes that because of enhanced
melting in a hotter mantle, the thickness of the litho-
sphere, defined as the strong outer region of Earth,
would be controlled not by the thermal boundary
layer but by the zone of strong depletion due to
melting. He also assumes that the bending of plates
prior to subduction is a major source of resistance to
plate tectonics, and that the radius of curvature of the
bending is proportional to plate thickness. The result
of this combination of assumptions is that plates go
slower in a hotter mantle, and that in turn means heat
loss is inhibited at high mantle temperatures.

The result is illustrated in Figure 10. The model
assumes a Urey ratio such that 
¼ 1/Ur is between
0.15 and 0.3 (his definition of Urey ratio is the inverse
of the one used here). The thermal history was inte-
grated backward from the present, on the grounds
that the present is better determined. The model has
a number of novel features. The temperature would

have been quite high in the Archean, perhaps even

reaching a maximum, then declining at an increasing

rate toward the present (in this respect the model is

reminiscent of the viscosity-invariant model of

Figure 2). The recent cooling rate is over

100�C Ga�1. On the other hand, the heat loss would

have been little different in the Archean and would
have peaked only about 0.5 Ga. Correspondingly,

plate velocities would also have peaked recently

and been lower in the Archean, while the inverse

Urey ratio would have declined toward the present.

A ‘conventional’ thermal history with such a low

inverse Urey ratio would have had to be extremely

hot in the late Archean and unrealistically hot in the

early Archean (Figure 10(a)).
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Although there are aspects of this model that are
not very well established, it does illustrate the possi-
bility of quite different controls on thermal history
than have usually been assumed, and it has some
significant merits. For example, it reconciles the ther-
mal history with a high Urey number, and it might
help to explain why continental lithosphere surviving
from the Archean is so thick. Nevertheless, its results
are sensitive to some of its assumptions and para-
meter values. For example, assuming the bending
radius of subducting lithosphere is proportional to
thickness is plausible at first sight, but nonlinear
rheological effects could cause the plate to bend
more sharply with less dissipation, and this could
considerably change the results. In addition,
Korenaga argues that the high mantle temperatures
in his model are compatible with the range of tem-
peratures inferred by Abbott et al. (1994). On the
other hand, as noted earlier, Campbell argues that
komatiites yielding the higher inferred temperatures
are unusual and that most of the Archean mantle was
producing basalt, and therefore within 100�C or so of
the present temperature (Campbell and Griffiths,
1992). This model needs to be further debated.
9.08.7 Implications for Tectonic
Evolution

The two main expressions of mantle convection in
the present Earth are plate tectonics and volcanic hot
spots, many of which are plausibly due to mantle
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plumes (Davies, 2005). If mantle convection changes
then its tectonic expression may also change. The
main difference between the early mantle and the
present mantle, according to the models presented
here, is that the early mantle was hotter. The ques-
tion is then whether the higher temperature would
change the tectonic expression of mantle convection.

Plate tectonics can be traced back with reasonable
confidence from geological evidence to about 2 Ga
(Hoffman and Bowring, 1984), but whether plates
operated earlier than that is debated (Kröner, 1981;
Harrison et al., 2005; Stern, 2005). The antiquity of
plumes is also a matter requiring careful interpretation
of the geological record (Campbell and Griffiths, 1992).

Korenaga’s theory (Korenaga, 2006) implies that
tectonics were different in the Archean, at least in
terms of what regulates plate velocities. Plates could
have operated in the Archean, though their dynamics
would have been significantly different than at present.

The tectonic regime is determined by how the
mantle gets rid of its heat (currently through plate
tectonics) and how the mantle removes heat emer-
ging from the core (currently plumes, although some
debate that; Anderson (2004); Foulger (2005)). Any
proposed tectonic mechanism must meet two funda-
mental conditions. First, there must be forces
sufficient to drive it. Second, it must remove heat at
a sufficient rate to cool the mantle to its present
temperature (or, more generally, it must be explained
how the mantle reached its present temperature). An
understanding of mantle dynamics is thus an indis-
pensable part of resolving the question of past
tectonic regimes. The subject is far from being able
to predict with any confidence which modes would
apply. Nevertheless, it has progressed to the point of
being able to examine some key questions.
9.08.7.1 Viability of Plate Tectonics

Davies (1992) proposed that plate tectonics might not
have been viable when the mantle was hotter because
greater melting under spreading centers would pro-
duce thicker oceanic crust, the buoyancy of which
would hinder plate subduction. Even at present,
plates initially have a net positive buoyancy because
the oceanic crust is less dense than the mantle. They
do not become negatively buoyant until conductive
cooling has thickened them to the point where their
negative thermal buoyancy overcomes the crust’s
positive compositional buoyancy. At present this
occurs when they are about 15 My old. Since at
present the average age of plates at subduction is
about 100 Ma, this does not interfere significantly
with the plates’ ability to cool the mantle. However,
as recently as 1.6 Ga the plates would, on average,
have become negatively buoyant only as they arrived
at a subduction zone. This is not only because the
crust would have been thicker but also because plates
would have been going faster.

Prior to this ‘cross-over’ time, plates would still be
positively buoyant at the time they would need to
subduct if the mantle was to be cooled. Plate tec-
tonics might still have operated, but the plates would
need to age for longer before they became negatively
buoyant and thus able to subduct. This means plate
tectonics would have been less efficient at cooling the
mantle. The hotter the mantle, the less efficient plate
tectonics would be. This leads to the paradox that the
early hot mantle would not have been able to cool to
its present temperature, in fact it might have gone
into thermal runaway. The implication is that some
other mode of tectonics would have been required.
Another way to say this is that the top thermal
boundary layer of the mantle, which drives the cool-
ing mode of mantle convection, would have to have
operated in a different dynamical mode.

Davies (1992) noted that one way out of this
paradox might be provided by the fact that basaltic
oceanic crust transforms to eclogite at about 60 km
depth. Since eclogite is denser than the average man-
tle, it would then hasten plate subduction rather than
hindering it. Once plate tectonics was operating it
might be able to continue to operate because the
deeper plate would pull the surface plate down
even if its surface buoyancy were still slightly posi-
tive. However, there would remain the barrier of
initially getting low-density basaltic material to suf-
ficient depth (and temperature) to transform, and the
hotter the mantle the bigger this barrier would be.
This question needs to be addressed with quantita-
tive modeling, though this is not straightforward
because the sources of plate resistance are not under-
stood in detail. A related situation in the modern
Earth, the subduction of oceanic plateaus, has been
examined numerically by van Hunen et al. (2002),
and this approach can be extended to the Archean
context.

In the meantime another possible way out of
the paradox has emerged. Numerical models of
convection in the early, hot, low-viscosity mantle
have shown that subducted oceanic crust, in its
denser ecologite form, would tend to settle out of
the upper mantle, leaving it depleted of basaltic-
composition components (Davies, 2006) This would
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reduce the meltable portion of the upper mantle and
therefore reduce the thickness of the oceanic crust.
Initial modeling indicated that the oceanic crust
might be only a few kilometers thick for a mantle
temperature of 1550�C, rather than about 30 km if
the upper mantle were as fertile as at present (Davies,
2006). More thorough subsequent testing suggests
that the crustal thickness might be 6–10 km in these
conditions (Davies, 2007a). This would still be
enough to make plate tectonics more viable than
the earlier argument suggested. Whether the reduc-
tion is enough for mantle to plate tectonics to cool
the mantle is not yet clear.
9.08.7.2 Alternatives to Plate Tectonics

If plates were too buoyant to subduct, what would
happen? One possibility is that the mantle part of the
lithosphere founders and leaves the crust at the sur-
face. Two ways in which this might happen are
illustrated in Figure 11 (Davies, 1992). In both
cases the buoyant crust is sheared off as the mantle
part of the lithosphere founders. The difference
between the cases is that in (1) the thermal boundary
layer is still strong enough to behave like a plate,
whereas in (2) it is assumed to be deformable. Since
asymmetric subduction, as in (1), results from the
Oceanic crust

‘Sublithosphere’

Eclogite?

Oceanic crust

Boundary layer
Stretching
boundary

layer Ecl?

(a)
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Figure 11 Sketches of possible tectonic modes if the

buoyancy of oceanic crust prevents it from subducting with

the rest of the lithosphere. (a) Lithosphere still thick enough

to behave as a plate, giving rise to asymmetric subduction.
(b) Deformable lithosphere, giving rise to symmetric

foundering. From Davies GF (1992) On the emergence of

plate tectonics. Geology 20: 963–966.
formation of a fault zone, this may not happen in
(2) and the foundering may be symmetric. It is pos-
sible in either case that the accumulating basaltic
crust becomes thick enough for its lower reaches to
transform to eclogite, in which case the whole basal-
tic body might become unstable and founder,
progressively transforming to eclogite as it does so.
This might result in tectonic activity being strongly
episodic.
9.08.7.3 History of Plumes

The cooling model of Figure 6 yields a relatively
constant rate of heat loss from the core. Since plumes
are the expected form of upwelling in the mantle, due
to the strong temperature dependence of viscosity
(Davies, 2005), this implies a fairly steady level of
plume activity through Earth history. On the other
hand, higher early core heat losses and greater early
plume activity are also possible (Figure 7).

Campbell et al. (1989) and Campbell and Griffiths
(1992) have argued that Archean greenstone belts can
be interpreted as the melting products of plume
heads, so they would be analogs of Phanerozoic
flood basalts. Assuming that the highest-temperature
magmas are the best available sample of the plume,
Campbell notes that there are two fundamental
changes around the end of the Archean. First, the
highest-temperature magmas in the Archean are
komatiites with inferred source potential tempera-
tures of 1800–1900�C, whereas the hottest post-
Archean magmas are picrites with source potential
tempatures of 1400–1600�C (Figure 12). Second, the
Archean komatiites are depleted in incompatible ele-
ments, or neutral, whereas the later picrites are
enriched.

The higher source temperature implied by
komatiites has been widely remarked upon
(e.g., Abbott et al., 1994), and some have taken it to
indicate a much hotter mantle in the Archean.
However, as noted earlier, komatiites comprise only
a small fraction of Archean mafic rocks, the vast
majority of which are basalts, so a more straightfor-
ward interpretation seems to be that most of the
mantle was only 100–200�C hotter in the Archean,
and the komatiites come from plumes. This implies
that plumes were significantly hotter in the Archean
than subsequently, and suggests in turn that the mod-
els with more rapid early core cooling (Figure 7)
might be favored. On the other hand, Campbell and
Griffiths note that the change from high to low
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temperature seemed to occur relatively rapidly,
between 2.7 and 1.9 Ga (Figure 12), suggesting a
more discontinuous cause.

Noting the change in trace-element chemistry,
from depleted to enriched, Campbell and Griffiths
(1992) suggest that there was a change in material
accumulating at the base of the mantle, in the D0

zone. Their scenario is sketched in Figure 13. The
post-Archean regime is like the present, with sub-
ducted oceanic crust presumed to settle toward the
base and accumulating as a trace-element enriched
layer (Hofmann and White, 1982; Hofmann, 1997).
On the other hand, they suppose that during the pre-
Archean or Hadean (4.5–4 Ga), the mafic crust was
too buoyant to founder, and only the underlying
mantle part of the thermal boundary layer foundered.
Since this material would have been depleted by the
extraction of mafic crust and was also cool, it would
sink to form a depleted layer at the base of the
mantle. The post-Archean change in chemistry is
then attributed to the replacement of the early
depleted D0 layer by enriched subducted mafic
crust. Their proposed cause of the change in tem-
perature is less clear-cut in this scenario. It may be
that in the earlier phase the D0 layer covered only
part of the core, leaving hot core directly in contact
with mantle elsewhere and thus generating very hot
plumes. Alternatively, they speculate that a differ-
ence in chemistry may lead the later material to
become positively buoyant at lower temperatures.
In any case the change in character of inferred mantle
plumes is attributed ultimately to a change in surface
tectonics, which change the nature of the material
sinking to the base of the mantle.
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9.08.8 Conclusion

Our understanding of Earth’s thermal history seems

to have been given a firm foundation with the dis-

covery of radioactivity and the realization that the

mantle is mobile enough to transport heat by con-

vection. We now have a quantitative and relatively

simply theory of cooling since Earth’s presumed hot

formation by accretion of planetesimals (Safronov,

1978; Wetherill, 1985). However, there remains an

important discrepancy between the heating inferred

from this theory and the content of radioactive heat

sources inferred from cosmochemistry. Whether this

reflects an incomplete understanding of the mechan-

ism of heat removal or of Earth’s relationship with

meteorites remains to be seen.
The strong temperature dependence of the visc-

osity of the mantle imparts a distinctive character to

Earth’s cooling history, as it does also to the mantle’s

two inferred modes of convection, involving plates

and plumes (Davies, 1999). This factor allows the

mantle to adjust its rate of convection, and therefore

of heat transport, by relatively small adjustments in

temperature. The result, in ‘conventional’ thermal

history calculations, is a transient phase of rapid cool-

ing, lasting perhaps 500 Ma, followed by a long phase

in which the mantle heat loss follows the slow decline

of heat sources due to radioactive decay.
The mantle’s properties and dynamics also con-

trol the cooling of the core, whose heat must be

transported away by the mantle. With present uncer-

tainties about the efficiency of this process, there is an

ambiguity in core histories, which could involve

either relatively constant heat loss or steadily declin-

ing heat loss. This ambiguity affects our

understanding of the history of mantle plumes and

of the energetics involved with maintaining the geo-

dynamo, apparently for at least 3.5 Ga.
One important question remains unresolved,

namely whether plate tectonics could have operated

in a significantly hotter mantle. There is a mechan-

ism that might have hindered the plates, and there

are suggestions of how other effects might have coun-

tered this mechanism, but more investigation is

required.
The geological record seems to be plausibly, if so

far only approximately, consistent with the broad

picture presented here. Archean mafic rocks suggest

a dominant mantle source perhaps 100–200�C hotter

than the present mantle, with relatively uncommon

komatiites and picrites suggesting plumes with
temperatures 500–600�C hotter than the present
mantle during the Archean.

The possibility of substantial deviations from this
general picture must still be entertained, and some
examples have been mentioned here.
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