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No climate paradox under the faint early Sun
Minik T. Rosing1,2,4, Dennis K. Bird1,4, Norman H. Sleep5 & Christian J. Bjerrum1,3

Environmental niches in which life first emerged and later evolved
on the Earth have undergone dramatic changes in response to
evolving tectonic/geochemical cycles and to biologic interventions1–3,
as well as increases in the Sun’s luminosity of about 25 to 30 per cent
over the Earth’s history4. It has been inferred that the greenhouse
effect of atmospheric CO2 and/or CH4 compensated for the lower
solar luminosity and dictated an Archaean climate in which liquid
water was stable in the hydrosphere5–8. Here we demonstrate,
however, that the mineralogy of Archaean sediments, particularly
the ubiquitous presence of mixed-valence Fe(II–III) oxides (mag-
netite) in banded iron formations9 is inconsistent with such high
concentrations of greenhouse gases and the metabolic constraints
of extant methanogens. Prompted by this, and the absence of geologic
evidence for very high greenhouse-gas concentrations10–13, we hypo-
thesize that a lower albedo on the Earth, owing to considerably less
continental area and to the lack of biologically induced cloud con-
densation nuclei14, made an important contribution to moderating
surface temperature in the Archaean eon. Our model calculations
suggest that the lower albedo of the early Earth provided environ-
mental conditions above the freezing point of water, thus alleviating
the need for extreme greenhouse-gas concentrations to satisfy the
faint early Sun paradox.

The Earth’s surface environment over the approximately 4 billion
years (Gyr) recorded in geologic formations appears to have been
maintained within a relatively narrow range in which liquid water
was stable. This is surprising because the factors that determine sur-
face temperature have evolved owing to temporal variations of the
Sun’s irradiance, the Earth’s albedo and cloud cover, and concentra-
tions of atmospheric greenhouse gases over geologic time. It is not
readily apparent to what extent this apparent thermostasis can be
attributed to physico-chemical feedback mechanisms, metabolic
interventions from living organisms, or combinations of unrelated
secular changes.

A 25–30% lower solar luminosity from the early Sun inferred from
standard stellar evolution trends4 should have caused a 21–26 K lower
radiative equilibrium temperature for the early Earth, with a planetary
albedo equal to the present value5,7. If we also assume that the atmo-
sphere had a transmittance similar to the present, then the average early
Archaean surface temperature would have been below the freezing
point of water. The contrast between geologic evidence for the presence
of liquid water on the Earth’s surface in the deep past15,16 with the lower
irradiance from a faint early Sun has been cast as a paradox, prompting
hypotheses5–8,17 of stronger greenhouse effects from high partial pres-
sures of CO2, NH4, CH4, and/or C2H6. Secular changes in the contri-
bution from clouds to the Earth’s planetary albedo have also been
proposed as important parameters controlling climate on the early
Earth18,19.

Extreme concentrations of greenhouse gases would be required to
support marine temperatures of 70 6 15 uC, as suggested from oxygen
isotopes of cherts 3.5–3.2 Gyr old and the assumption that the oxygen

isotope composition of Archaean sea water was the same as at
present20,21. Such high temperatures and required greenhouse gas con-
centrations, as well as the consistency of the oxygen isotope composi-
tion of sea water over geologic time, are not universally accepted22,23,
and would have required a partial pressure of atmospheric CO2 of
pCO2

< 2–6 bar at ,3.3 Gyr ago (assuming pCH4
, 0.01 bar). Further-

more, predicted changes in the oxygen isotope composition of sea
water over geologic time is consistent with a warm, but not a hot,
early Earth23,24.

Geologic evidence provided from palaeosols 2.75–2.2 Gyr old13,25,
3.2-Gyr-old weathering rinds of fluvial clasts12, 3.5-Gyr-old and 3.2-
Gyr-old evaporites3, and cycling of CO2 in and out of the mantle
taking into account the consequences of seafloor weathering11: all
predict atmospheric CO2 concentrations insufficient to compensate
for the faint early Sun. Extremes in limits of atmospheric CO2 have
been estimated on the basis of the presence or absence of siderite or
an Fe(II)-rich layer-silicate in near-surface weathering environments,
as well as mass-balance constraints of weathering recorded in
Precambrian palaeosols. These estimates are illustrated in Fig. 1,
where they can be compared to the stability fields of minerals in
the system FeO–Fe2O3–SiO2–CO2–H2O and also to several predicted
limits of atmospheric pCO2

required to satisfy the faint early Sun
paradox.

Atmospheric concentrations of greenhouse gases can also be con-
strained by the mineralogy of shallow marine precipitates, specifi-
cally magnetite in Archaean banded iron formations9. We assume
that the oceans and atmosphere were linked by gas exchanges across
their interface. We do not imply that the atmosphere was in equi-
librium with the rock substrate, but we do suggest that minerals
abundantly precipitated in the shallow ocean (for example, the mag-
netite 1 siderite of banded iron formations) were not far from equi-
librium with atmospheric gases. Magnetite (FeOFe2O3) is used as a
proxy for the primary precipitate, although meta-stable mixed-
valence Fe(II, III) hydroxides (fougerite, ‘green rust’) or Fe(II, III)
hydroxycarbonates may have been present before conversion to
more stable phases. Ohmoto et al.26 proposed that atmospheric
concentrations of CO2 . 100 times PAL (the present atmospheric
level of about 1023.5 bar) were required to form siderite in the pres-
ence of Fe(III) hydroxides (goethite) in banded iron formations
before ,1.8 Gyr ago. Phase relations shown in Fig. 1 demonstrate
that such high concentrations preclude the stability of magnetite;
furthermore, the stability of the assemblage siderite 1 goethite
(represented in Fig. 1 by haematite) requires pH2

to be several orders
of magnitude below the lower limit for methanogenesis
(pH2

. 10–5 bar), as illustrated by the yellow highlighted region in
Fig. 1.

Conceptually, redox conditions are reflected by speciation of iron
in marine precipitates and rocks produced through weathering and
alteration of continental and oceanic crust. If the ocean and atmo-
sphere were generally reducing, Fe(II) minerals would be favoured
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and Fe(III) compounds would break down owing to reduction of
Fe(III). This oxidizes the environment by consuming H2 through
reactions of the type:

Fe2O3 [in minerals] 1 H2 [gas] 5 2FeO [in minerals and solutions] 1 H2O (1)

Likewise, increasing CO2 would favour formation of siderite (FeCO3)
relative to Fe(II) silicates, and Fe(III)-containing minerals such as
magnetite (FeOFe2O3) would react to form siderite while consuming
hydrogen:

FeOFe2O3 [in minerals] 1 3CO2 [gas] 1 H2 [gas] 5

3FeCO3 [in minerals] 1 H2O (2)

Ferric iron is present in the Earth’s mantle and in mantle-derived
melts where equilibria involving ferrous iron silicates and Fe(III)-rich
spinels (nominally magnetite) define the intrinsic oxidation state of
the Earth’s mantle and crust. Ferrous iron silicates can be oxidized by
water to form magnetite while releasing aqueous silica and hydrogen,
which may escape to the ocean–atmosphere system through hydro-
thermal vents (the reverse of reaction (1)). Reactions involving fluids
that have equilibrated with silica-rich rocks and/or CO2-rich reser-
voirs such as the ocean–atmosphere system will, on the contrary,
consume hydrogen as magnetite reacts to form Fe(II) carbonate
through reaction (2) and to form Fe(II) silicates as illustrated by
reaction (3), taking into account the fayalite component in olivine.

2FeOFe2O3 [magnetite] 1 3SiO2 [aqueous or quartz] 1 2H2 [aqueous] 5

3Fe2SiO4 [olivine] 1 2H2O (3)

The mantle and its magmatic derivatives will thus be reducing relative
to silica- and/or CO2-poor fluids, but oxidizing relative to silica- and/
or CO2-rich fluids. The reverse of reaction (3) represents hydro-
thermal oxidation of ultramafic rocks producing magnetite and
releasing H2, which, together with CO2, provides important niches
for methanogenic bacteria1,2 according to:

CO2 1 4H2 5 CH4 1 2H2O (4)

Although the Gibbs energy of reaction (4) is dependent on temper-
ature and the relative partial pressures (concentrations) of CO2, H2

and CH4, extant methanogenic organisms that metabolize H2 in sub-
surface and shallow marine environments are able to deplete H2 to
,1025 bar (Fig. 1) where the Gibbs energy of reaction is about
9–15 kJ mol21 (refs 27–29). This would be in the range of about
23.5 to – 4.5 at pCO2

compatible with magnetite–siderite stability.
This is the order of magnitude for the lower limit of predicted atmo-
spheric H2 on the early Earth determined by coupled atmospheric–
ecosystem models involving metabolic processes of methanogens,
acetogens and anoxygenic phototrophs30,31. Conversion of H2 to
CH4 or organic matter by hydrogen-consuming methanogens and
phototrophs is in effect an oxidation of the environment, and like
oxygen-producing phototrophs they build redox gradients in their
environments, with higher oxidation levels in the photic zone and
lower at deeper levels in the ocean. Such redox contrasts in the early
Archaean ocean have been documented32 and perhaps the presence of
H2-metabolizing phototrophs might have controlled the atmospheric
pH2

at values close to 1025 bar (Fig. 1).
We conclude from the phase relations in Fig. 1, and the prevalence

of magnetite in Archaean chemical sediments, that CO2 and H2

mixing ratios in the early Earth’s atmosphere were not significantly
different from present-day values. If pH2

is limited by the metabolic
processes of methanogens (,1025 bar) then CO2 values of the order
of about 3 times PAL are consistent with magnetite–siderite phase
relations at about 25 uC (green shading in Fig. 1). Given the un-
certainty in paragenetic relations, it appears that the geologic/
thermodynamic constraints imposed by the mineralogy of soils13

and weathering products of fluvial sediments12 are in accord with
the mineralogy of shallow marine chemical sediments. Consequently,
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Figure 1 | Constraints on the partial pressures for CO2 and H2 in the
atmosphere of the early Earth. Stability of minerals in the system
FeO–Fe2O3–SiO2–CO2–H2O at 1 bar total pressure for the given
temperatures. a, b, Partial pressures (bar) (a) and aqueous concentrations
(molalities) (b) of H2 and CO2. Solid squares indicate observed conditions
for extant methanogens. The yellow band indicates the lower limit of H2 for
methanogenesis with a slope constrained by the stoichiometry of reaction
(4) (see text). Model estimates for pCO2

are indicated by arrows and vertical
bars in a. The green shading denotes the stability range of
magnetite 1 siderite between 15 uC and 35 uC at a pH2

controlled by
methanogens.
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the greenhouse effect of Archaean CO2 levels was too small to com-
pensate for the faint early Sun.

Methane has been suggested as an important greenhouse gas5,6,8.
Haqq-Misra et al.8 suggests an upper limit of CH4:CO2 , 1–0.6 in the
atmosphere if the positive greenhouse effect should not be counter-
balanced by a negative albedo effect from organic haze, and predict
even lower mixing ratios of CH4:CO2. This requires CO2 concentra-
tions in excess of 100 PAL to account for the faint early Sun, which
precludes the stability of mixed-valence Fe(II–III) oxides and requires
other factors that could influence the radiation balance of the Earth
and counteract the faint early Sun (Fig. 1). Methane and CO2 con-
centrations allowed by the mineralogic and metabolic constraints of
CO2 and H2 outlined in Fig. 1 are unable to provide sufficient green-
house warming to offset the effect of the faint early Sun.

We now investigate the role of the Earth’s planetary albedo, which is
a major factor determining the Earth’s surface temperature. Albedo is
determined by the nature of the materials on the Earth’s surface, and
the abundance and type of clouds18. The difference in planetary albedo
over land and oceans is minor today, partly because most land is
covered by vegetation and partly because the top-of-the-atmosphere
albedo is dominated by the contribution from clouds. Because the
concentrations and type of cloud condensation nuclei (CCN) have
evolved over geologic time, clouds over the early Earth had different
characteristics. The droplet size in clouds is determined by the avail-
ability of CCN and the H2O contents in the atmosphere. Few CCN
results in larger droplets, less scattering of incoming short-wave radi-
ation and a shorter lifetime of clouds. In our present atmosphere the
majority of CCN are produced by atmospheric oxidation of gases
released by plants and eukaryotic algae. With a non-oxygenic atmo-
sphere and a biosphere devoid of plants and algae, CCN concentra-
tions would probably have been considerably lower on the early Earth
than they are today. This biotic effect on cloud formation through
CCN can be observed over low-productivity gyres in the ocean today,
where the transparency of the atmosphere for incoming short wave
radiation is greater than in areas with high biologic productivity14.
With a more transparent atmosphere the low albedo of the ocean
would be more strongly expressed in the planetary albedo, as illu-
strated in Fig. 2 (see Methods).

We have modelled the sensitivity of the Precambrian radiation
balance to changes in the fraction of the Earth’s surface covered by
continents as well as biological evolution over geologic time. The
Earth’s continents are formed by fractionation of the mantle through
a suite of geological processes taking place over some span of time.
There is little consensus on when the first continents emerged, or the
rate of growth since continental nucleation. However, mass-balance
considerations for radioactive tracers and their daughter isotopes in
the mantle and crust have allowed construction of continental growth
models, most of which support a sigmoidal increase in the mass of the
continents, beginning at about 4 Gyr ago with a rapid growth rate
between 3.5 and 1.5 Gyr ago and levelling out from about 1 Gyr ago
to the present, as illustrated in Fig. 2a. There is no simple relationship
between the mass of continental material extracted from the mantle
and the surface area of exposed land, because a number of geophysical
parameters, including the rheology of the Earth’s mantle, influence the
area/volume ratio for the continents. We have chosen to use the
present-day area/volume relationship (Fig. 2a), which probably over-
estimates the continental area, and in consequence, the albedo for the
early Earth. Because the timing and rate of growth of the Earth’s
continents is a matter of debate, we have included a scenario in which
the surface area occupied by continents is constant over geologic time
as one end-member in our model (see Methods).

Our model, which is based on that of Caballero and Steder33, takes
into account the effects of lower production of biogenic CCN, and
lower average surface albedo (Fig. 2b) owing to less continental area
to predict the temporal evolution of planetary albedo through geo-
logic time (Fig. 2c) (see Methods). The results are summarized in
Fig. 2d, where CO2 and CH4 are both 900 parts per million by volume

(p.p.m.v.). This represents an intermediate pCO2
level within the

range of environmental conditions represented by the green shading
in Fig. 1a. The model provides similar results as long as CO2 is sub-
stituted for CH4 in such a way that an increase of 7 p.p.m.v. units of
CO2 is balanced by a decrease of 1 p.p.m.v. unit of CH4. At the high-
CO2 extreme of the range in Fig. 1a, this corresponds to 800 p.p.m.v.
for CH4 and 1,600 p.p.m.v. for CO2.

Our model (Fig. 2) shows that the albedo effects of the growth of
the Earth’s continents, amplified by higher transparency for short-
wave radiation of the early atmosphere, was sufficient to counter-
balance the secular changes in irradiance from the Sun4 through
geologic history. We suggest that the evidence for the presence of
liquid water under the faint early Sun is not paradoxical5. The early
Earth was dominated by oceans and lacked plants and algae, which
resulted in a lower planetary albedo. Absorption of a higher fraction
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Figure 2 | Climatic models for the Earth since 3.8 Gyr ago. a, The continent
fraction (gland) of the Earth’s surface as a function of geologic time. The solid
line is based on geochemical models (see Methods). The shaded area
includes uncertainties in the estimate of continental emergence and growth
as well as the possibility that the continent area has remained constant.
b, Surface albedo (asurface) as a function of geological time (see Methods).
The land albedo (aland) is assumed to be granitic desert of albedo 0.3
gradually changing to the present vegetated land of albedo 0.21 from 1.0 Gyr
ago (solid line) (the contribution from ice albedo is assumed to be constant
at the present level). The solid line is based on the growth model in a, and the
shaded area is the range covered by the shaded area in a, assuming ice albedo
proportional to gland for the lower bound. c, The Earth’s calculated average
planetary albedo (aplanetary) as a function of geological time for a droplet size
of 30mm and 900 p.p.m.v. CO2 and 900 p.p.m.v. CH4. d, Surface temperature
(Tsurface) versus geologic time assuming increasing solar irradiance, asurface

scaled to the extent of continents from b and different average cloud droplet
sizes. The blue lines are computed for 375 p.p.m.v. CO2 and 1.7 p.p.m.v. CH4

and droplet sizes of 20 mm (dashed line) and 12mm (present-day size and
water content; dotted line). The green lines are computed for droplet sizes of
20 mm (solid line) and 30 mm (dashed line) and 900 p.p.m.v. CO2 and
900 p.p.m.v. CH4. The grey shading is the asurface range in b. The black bar
represents the model from ref. 18 with dynamically adjusted clouds but
present optical properties of clouds.
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of the incoming solar radiation in combination with only slightly higher
concentrations of greenhouse gases, probably CO2 and methane, pro-
vided the Earth with a clement climate.

METHODS SUMMARY
Mineral assemblages in chemical sediments preserved in the geologic record

reflect the fugacities of dissolved gases in the Precambrian shallow ocean through

reactions (1) to (3). Equilibrium fugacities of H2 and CO2 were calculated using

the SUPCRT computer program, which calculates equilibrium constants for

given temperatures and pressures using an internally consistent thermodynamic

database for minerals, aqueous species and gases. In this study we used the

SLOP98 database (see Methods). The effects of the changes in solar luminosity,

in radiative transparency of the atmosphere by reduced CCN from plants and

algae and the changes in surface albedo caused by continental growth and emer-

gence of land vegetation were calculated by a radiative–convective equilibrium

model based on the CliMT climate modelling toolkit33 using the NCAR CCM3

radiation code. Details, references and links to the computer program sources are

given in the Methods section.

Full Methods and any associated references are available in the online version of
the paper at www.nature.com/nature.
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METHODS
Thermodynamic modelling of phase equilibria. The partial pressures of CO2

and H2 have been calculated assuming they were in equilibrium with minerals

and aqueous solutions through reactions (1) to (3), which are relevant for

describing the Earth’s early surface environments. The equilibrium constants

KP,T (where P is pressure and T is temperature) for the limiting reactions (1) to

(3) have been calculated at specified pressures and temperatures. We assume that

the total atmospheric pressure was 0.1 MPa and that the temperature was either

15 uC, 25 uC or 35 uC as shown in Fig. 1a. The calculations were carried out using

the Supcrt computer programme34, using the internally consistent thermo-

dynamic database SLOP98 (http://geopig.asu.edu/supcrt92_data/slop98.dat).

Fig. 1a is computed using the gas standard states for H2 and CO2, where the

aqueous species standard state is adopted for these species in diagram Fig. 1b34.

Climate modelling. In an effort to model the sensitivity of the Earth’s surface

temperatures under a faint early Sun and with modest CO2 and CH4 mixing

ratios we have employed a simple standard radiative–convective adjusted radi-

ative equilibrium model33. The model takes into account the effect of different

cloud characteristics during the Archaean owing to lower emissions of CCN

from the biosphere and lower surface albedo linked to the gradual growth of

continents through geologic time. We constrain the atmospheric CO2 mixing

ratios to be within the limits dictated by the ubiquitous presence of magnetite in

Archaean banded iron formations, and allow an atmospheric CH4: CO2 # 1,

which is arbitrary but within the bounds suggested by refs 8 and 35, and is

supported by the observed depletion in H2 in the Archaean ocean supposedly

caused by phototrophic methanogens32.

On the present Earth the hemispherical planetary albedo values are very similar

despite the fact that the northern hemisphere has a larger proportion of land

surface area compared to the southern hemisphere. By integrating present-day

top-of-the-atmosphere albedo along a pure oceanic mid-Pacific longitudinal

profile we obtain values of ,0.3 for an Archaean Earth with no continents.

This value is not much different from the present global mean top-of-the-

atmosphere albedo. However, the probable low productivity of the Archean2,36

would have resulted in a droplet size much bigger than today14. As a result the

atmosphere would be much more transparent to short-wave radiation, for the

same water content. The resulting radiation balance would be more sensitive to

surface albedo changes, further increasing surface temperatures. As pointed out

by ref. 14, the effect of low productivity on droplet size and thus short-wave albedo

can be seen over the subtropical gyres, in particular in the south Pacific, where the

all-sky top-of-the-atmosphere albedo is about 0.2 locally down to 0.15, as low as

the clear-sky albedo. We evaluate the combined effect of changes in mean surface

albedo and droplet size with a convective adjusted radiative equilibrium model.

Single-column radiative–convective model. We use a simple standard model of

convective adjusted radiative equilibrium based on the CliMT modelling toolkit

developed by ref. 33. The model uses the NCAR CCM3 radiation code. A global

mean lapse rate of 6.5 K km21 and present-day CO2 and CH4 mixing ratios of

375 and 1.7 p.p.m., respectively, is used37. From General Circulation Model

(GCM) calculations38 we find the mean distribution of relative humidity (79,

60, and 50, respectively, for 1000–900 mbar, 900–700 mbar and 700–100 mbar

model intervals). Satellite data constrain the global radiation budget, with

incident short-wave flux of ,340 W m22 and mean outgoing long-wave radi-

ation of 235–240 W m22 (that is, planetary albedo of ,0.31) (CERES EBAF

Edition1A39,40). The global mean surface albedo is conservatively set to 0.135,

approximating a value of 0.144 extracted from model reanalysis data for 2003

(CERES SRBAVG Edition 240). Following others41 the effective layer cloud water

content is adjusted to approximate the radiative effect on short- and long-wave

radiative fluxes, respectively, about 247 W m22 and ,29 W m22 (CERES EBAF

Edition1A39). For the clouds we assume a present-day droplet size of 12 mm

(ref. 14). Low model clouds are set to fractional cloud cover of 0.5 and cloud

water content of 11 g m22. High model clouds are set to fractional cloud cover of

0.2 and cloud water content of 3 g m22 . This results in cloud short- and long-

wave radiative effects of 245.8 W m22 and 27.8 W m22, respectively. These

values approximate observations (CERES EBAF Edition1A39,40). With these

parameters the calculated mean model surface temperature is 14.3 uC and the

planetary albedo is 0.33.

Kump and Pollard14 estimate that droplet size would possibly increase to

17 mm during the low primary production of the Cretaceous period with fewer

CCN. We use the relative humidity distribution from the GCM results38 based on

4 times the PAL pCO2
(relative humidity of 80, 65 and 51 at 1,000–900 mbar, 900–

700 mbar and 700–100 mbar intervals, respectively). Then a droplet size of 17mm

and reduced cloud water content has the same radiative warming effect as in the

GCM experiments38, which included precipitation enhancement and resulting

cloud cover reduction (not modelled explicitly here). Increasing droplet size

from 12mm to 17mm and decreasing cloud water content to 3.0 g m22 decreases

the planetary albedo to 0.23, as shown in Fig. 2c, and increases the model global

mean temperature by 10 uC, conservatively similar to the 12 uC of ref. 14.

Estimated surface albedo through time. It is useful to look at how the present

albedo can be approximated in simple terms, before calculating the conjectured

first-order variation of surface albedo through the Earth’s history. The present-

day global mean top-of-the-atmosphere albedo (aplanetary 5 0.32) retrieved

from satellite data can simply be approximated by the area-fraction-weighted

planetary albedo over land (aplanetary land) and ocean (aplanetary ocean), that is,

glandaplanetary land 1 goceanaplanetary ocean, where gland 5 0.3 is the present area frac-

tion of the atmosphere underlain by land, and the ocean fraction is

gocean 5 1 2 gland. Mean top-of-the-atmosphere albedo of longitudinal

transects over land gives aplanetary land < 0.35 (Africa–Europe 24u E) and over

ocean aplanetary ocean < 0.3 (Pacific Ocean, 145uW) (CERES EBAF

Edition1A39). This gives aplanetary < 0.315. Similarly the global mean surface

albedo (asurface) can be approximated as the sum of the land fraction albedo

(gland 3 0.23) and the ocean fraction albedo(gocean 3 0.1), equivalent to the

present-day global mean surface albedo of 0.14 as calculated from local short-

wave fluxes under all-sky conditions (model reanalysis data for 2003, CERES

SRBAVG Edition 239). The mean surface albedo can also be calculated from the

albedo and fractional albedo contributions of different surfaces. The sea surface

with light wind waves has a global mean albedo of about asurface ocean < 0.06,

vegetation-covered continents have an albedo of about asurface land < 0.21, snow-

and ice-covered regions have an albedo of asurface ice < 0.5 (CERES SRBAVG

Edition 237,39,42). Snow and ice cover 7% of the oceans (gocean ice) and 11% of

land surface(gland ice)
37.The resulting mean surface albedo of the Earth is again

found to be about asurface < 0.135:

asurface 5 asurface ocean[gocean(1 2 gocean ice)] 1

asurface land[gland(1 2 gland ice)] 1

asurface ice(goceangocean ice 1 glandgland ice) (5)

We use equation (5) to calculate the surface albedo through time with appro-

priate area fractions and surface albedos as follows: gland is from Fig. 2a,

gocean 5 1 2 gland, and with gocean ice, gland ice, aice and aocean as today. On the

early Earth the land surface albedo (aland) would have been different from today.

The first rocks and sediments would have been dominated by black basalts and

dark basaltic dust. Black basalt probably has an albedo similar to asphalt pave-

ment (0.07, raging from 0.05–0.1 (ref. 37). Moist dark soil typically has an albedo

of 0.1 (0.05–0.15). Once granitic rocks and quartz-rich sediment became pre-

valent the albedo would have increased to 0.3, a value typical of dry desert soil

and wet sand (0.20–0.4). Not until the appearance of lichens and vegetation

around 1,000 to 450 million years ago would the land surface albedo decrease

to present values. To simplify matters, we conservatively assumed that the land

surface albedo was 0.3 in the Precambrian period. Snow- and ice-covered regions

were present on about 9% of the Earth’s surface, as today. In one endmember of

our uncertainty calculations we assume that gice on land and ocean are propor-

tional to the land fraction. From equation (5) we then calculate that a conjec-

tured first-order variation of the surface albedo through the Earth’s history

would increase from ,0.08, gradually rising to 0.15 in conjunction with con-

tinental crustal growth (Fig. 2b). The surface albedo would then decrease to

,0.13 once a terrestrial biosphere was established. The influence of the surface

albedo on the planetary albedo is strongly enhanced in an atmosphere with fewer

CCN and thus a higher short-wave transparency. In our model we have tested the

effect of increased mean droplet sizes from the present-day value of 12 mm up to

17 mm and 30 mm. The effects of increasing the droplet size on the radiative

equilibrium temperature are shown in Fig. 2d.

Continental growth. The albedo model above is based on the assumption that

the Earth’s continents have grown over geologic time. The continents on the

Earth are the products of fractionation of the silicate fraction of the planet,

nominally the Earth’s mantle. The mantle is dominated by Mg–Fe silicate minerals

with minor Ca–Al silicate, oxide and sulphide minerals. Most other elements are

dissolved as trace components in these major phases. Mantle rocks are dense

(,3.4 g cm23) and dark in colour. The continental crust is dominated by granitic

rocks which are composed of quartz and feldspar (Ca, Na, K, Al–silicate) with only

minor Mg–Fe-bearing minerals such as mica and amphibole. This renders granites

light in colour and low in density (,2.5 g cm23). The granitic rocks of the con-

tinents cannot be formed by direct partial melting of mantle rocks, because their

high silica content is incompatible with the minerals of the mantle. Partial melting

of the mantle produces magmas of the basalt family of rocks, which are dark in

colour and intermediate in density (,3 g cm23). Basalt is the overwhelmingly

dominant component of the oceanic crust, but forms only a minor fraction of

the continents. Partial melting of basalt that has previously reacted with water to

form hydrous minerals can lead to the formation of granites. The differentiation of
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the silicate Earth to form the continents is thus a multi-stage process that relies on
the plate tectonic cycling of components between the Earth’s reservoirs. The con-

tinents, as we understand them today, could not have formed as a protocrust, but

must have segregated during a prolonged period of time to allow for all the steps in

the multi-stage fractionation process to take place. The time required to build the

present continental mass is a matter of considerable controversy. Continental

growth models vary between almost-instantaneous formation of the present con-

tinental mass, in which recycling of crust to the mantle would balance the forma-

tion of new continental crust43–45, and other models based on the trace-element

fractionation history of the Earth’s mantle, which suggest that the continental crust

grew over geologic time, with varying rates of growth and possibly episodically46–49.

In a geologic sense, emergent land is not necessarily continental, and all

continental areas are not necessarily emerged, as exemplified by the continental

shelf, which is continental in composition but submerged under the sea, versus

Hawaii and Iceland, which are emergent but are composed of oceanic crust. The

relationship between the mass fraction of the silicate Earth that is compartmen-

talized into the continents and the surface fraction of the Earth covered by

emergent continents is also a matter of poor understanding and ongoing con-

troversy50,51. From the perspective of the Earth’s albedo, the important parameter
is the surface fraction of emergent continental rocks, and in our models we have

made the assumption that emergent continental surface area scales with the mass

of the continents. Note that in Fig. 2a, we have adopted various scenarios for the

growth of continental mass as a function of geologic time, such that the full range

between the proposed endmember models is tested in our model for the early

Earth’s climate.
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