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Abstract

Mars' climate history depends in part on its atmospheric pressure evolution, but most
existing constraints on atmospheric pressure are indirect. Thin atmospheres allow small objects to reach
the surface and form impact craters; therefore, ancient impact craters can constrain past atmospheric
pressure. To identify ancient craters preserved in sedimentary rocks and exhumed by wind erosion, we use
HiRISE orthoimages, anaglyphs, and digital terrain models (DTMs). We compare measured crater
populations from two sites to predictions from an atmosphere-impactor interaction model for atmospheres
of different pressures. Our upper limits on continuous atmospheric pressure are 1.9 ± 0.1 bar around 4 Ga
and 1.5 ± 0.1 bar at 3.8 ± 0.2 Ga. We demonstrate that atmospheric pressure cannot have been continuously
above these upper limits. During the interval 3.8 ± 0.2 Ga, our crater counts require that atmospheric
pressure was less than 5% of Earth's modern pressure for at least 104 yrs, or at higher pressure for a
correspondingly longer duration of time (at least 105 − 106 years at 1.5 bar for our Mawrth phyllosilicates
and Meridiani Planum data, respectively). Therefore, atmospheric pressure around 4 Ga was either
continuously 1.9 ± 0.1 bar or varied between higher (> 1.9 bar) and lower (< 1.9 bar) pressures. Similarly,
atmospheric pressure at 3.8 ± 0.2 Ga was either continuously 1.5 ± 0.1 bar, or varied between higher (> 1.5
bar) and lower (< 1.5 bar) pressures. Finally, we synthesize all available paleopressure estimates for early
Mars to constrain a 2-component model of Mars' long-term atmospheric pressure evolution. In our model,
atmospheric pressures < 1 bar early in Mars' history best fit existing paleopressure constraints.

Plain Language Summary

Atmospheric pressure helps control Mars' climate over time.
Ancient impact craters give us upper limits on past atmospheric pressure. If atmospheric pressure is high,
objects travel through a thicker, denser atmosphere. This stops more small objects from reaching the
ground and forming craters. A group of ancient craters with lots of small craters indicates low atmospheric
pressure during crater accumulation. We compare the proportion of small, ancient craters at 2 sites on
Mars to models of craters for different atmospheres. This gives an upper limit of 1.9 bar around 4 billion
years ago and 1.5 bar at 3.8 ± 0.2 billion years ago. It is possible that our observed craters formed while
atmospheric pressure was changing. To form the groups of craters at our study sites, Mars' atmospheric
pressure could either have been less than 5% of Earth's modern pressure for at least 10,000 years or could
have been at higher pressure for a longer duration of time. We combine our new pressure results with other
limits on Mars' past atmospheric pressure to model how Mars' atmospheric pressure has evolved over the
last 4.4 billion years. Models where Mars' atmospheric pressure starts low fit existing data best.

1. Introduction
Changes in Mars' atmospheric pressure over time are an important control on climate evolution. Today,
Mars' annual mean atmospheric pressure is 6 mbar. At these low atmospheric pressures, liquid water is not
stable because it will boil at 273 K and is frozen at lower temperatures (Murphy & Koop, 2005). However,
during the Late Noachian (3.84–3.7 Ga) and Early Hesperian (3.7–3.4 Ga), there is abundant geologic evidence for liquid water on the surface of Mars including fluvial landforms (e.g., Mangold et al., 2008; Moore
et al., 2003), lake deposits (e.g., Fassett & Head, 2005; Grotzinger et al., 2014), and potentially a hemispheric
ocean (e.g., Citron et al., 2018; di Achille & Hynek, 2010; Oehler & Allen, 2012). There is further evidence that the water that fed these lakes and channels was precipitation-derived (Ansan & Mangold, 2006;
1
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Figure 1. Schematic illustration of cratering due to impactors passing through a) a thin atmosphere, b) a thick
atmosphere, also showing infill of ancient craters by layered sediments (example labelled“infilled crater”). The thin
atmosphere case has a much higher proportion of smaller craters than the thick atmosphere case.

Hynek et al., 2010; Mangold et al., 2004). This implies that surface temperatures must have at least transiently reached 273 K. Another important control on the stability of water at the Martian surface is evaporitic
cooling (Hecht, 2002), which efficiently removes heat from ice that would otherwise melt at 273 K, particularly at low atmospheric pressures, for example, on the present day Martian surface. To achieve the required
elevated surface temperatures, models of early Mars climate invoke greenhouse warming by thick (≥ 1 bar),
CO2 atmospheres with some water vapor content (e.g., Haberle, 1998; Wordsworth et al., 2013, 2015) or CO2
atmospheres with some fraction of H2 , SO2 , or CH4 (e.g., Halevy & Head, 2014; Kite et al., 2017; Ramirez
et al., 2014; Batalha et al., 2015; Wordsworth et al., 2017). Paleopressure estimates throughout Martian history are therefore important for constraining the maximum pressure of the atmosphere available at any
given time for greenhouse warming.
One simple upper limit on Martian atmospheric pressure is the pressure at which CO2 condenses into surface ice. The threshold pressure for this process depends on the minimum temperature anywhere on Mars'
surface. In turn, the location of the coldest point on the surface depends on the atmospheric pressure. At low
atmospheric pressures (e.g., ∼6 mbar at the present day), surface temperature is predominantly controlled
by latitude (e.g., Fastook & Head, 2015; Wordsworth et al., 2013). At high atmospheric pressures (> 1 bar),
surface temperature is controlled by elevation. Using the relationship between temperature, elevation and
latitude from Fastook and Head (2015) for an obliquity of 25◦ , we can estimate the minimum temperature
on the Martian surface (assuming mostly elevation control of temperature in a >1 bar atmosphere) during
the deposition of sedimentary rocks on Mars. These sedimentary rocks form by the accumulation of loose
material (e.g., sand/dust derived from erosion of existing rocks and ash from volcanic eruptions) and later
cementation (hardening through mineral precipitation between grains Grotzinger & Milliken, 2012; Malin
& Edgett, 2000). In this paper, we focus on sites on Mars where the exposed ancient sedimentary rocks must
have formed in the presence of surface liquid water. The hydrous minerals observed at Mawrth Vallis require
seasonal surface temperatures of at least 273 K to form (Bishop & Rampe, 2016), possibly approaching 300 K
(Bishop et al., 2018). If Mawrth Vallis is assumed to be at an annual average temperature of 273 K, this gives
a minimum annual average temperature at the South Pole of ∼240 K. At this temperature, ∼12 bar of CO2
would need to exist for condensation into ice caps to occur (Bryson et al., 1974; Fernández-Fassnacht & Rio,
1984). We can apply the same approach to the sinuous ridge observed at our Meridiani site (interpreted to
be an inverted channel by Davis et al., 2016). Observations from the Antarctic McMurdo Dry Valleys suggest
that 255 K is close to the lowest annual average temperature at which fluvial processes can occur (Head &
Marchant, 2014; Doran et al., 2010; Marchant & Head, 2007). Assuming an annual average temperature of
255 K at Meridiani, this gives a minimum annual average temperature of 225 K at the coldest point on Mars,
which would require a ∼7 bar CO2 atmosphere for condensation to occur. Here we present results for each
site that lower these upper limits on atmospheric pressure by a factor of 5.
To make a direct estimate of atmospheric pressure during crater accumulation, we can use ancient crater
populations embedded in Martian stratigraphy (Kite et al., 2014). The minimum size of an impactor that can
WARREN ET AL.
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Figure 2. a) Global map of Mars showing locations of Mawrth Vallis and Meridiani Planum sites from this study and
Aeolis Dorsa site from Kite et al. (2014) (Image credit: MOLA science team. Color scale shows elevation relative to
Mars geoid overlain on shaded relief. Purple (e.g., 35◦ S 55◦ W) corresponds to −8 km, white (e.g., 10◦ S 120◦ E)
corresponds to 8 km, b) HRSC Mawrth Vallis mosaic showing Mawrth HiRISE DTM locations (image credit:
ESA/DLR/FU Berlin), c) THEMIS daytime IR mosaic showing Meridiani Planun HiRISE DTM location (image credit:
NASA/USGS, ESA/DLR/FU Berlin). Numbering corresponds to location numbers (#) in Table 1.

reach the planetary surface and form a hypervelocity impact crater (Tauber & Kirk, 1976) is determined by
the thickness and density of the atmosphere. In a thinner atmosphere, a greater propotion of smaller objects
will be able to reach the surface travelling at high velocities, producing more small impact craters (Figure 1).
Therefore, for the same impactor population, different atmospheric pressures will produce different crater
size frequency distributions (CSFDs) (Figure 1). For craters embedded in ancient Martian sedimentary
rocks, the ratio of small to large craters records atmospheric pressure during deposition. We use a model of
atmosphere-impactor interactions (Williams et al., 2014) to generate synthetic crater populations for different atmospheric pressures. We fit measured CSFDs from craters preserved in ancient sedimentary units to
the model-predicted CSFDs to find upper limits on continuous atmospheric pressure during the accumulation of crater populations preserved in ancient sedimentary rocks in Mawrth Vallis and Meridiani Planum.
In contrast to existing indirect paleopressure constraints from thermodynamic studies of mineral stability
at the Martian surface (Bristow et al., 2017; Hu et al., 2015; van Berk et al., 2012), our upper limit is insensitive to atmospheric composition and surface temperature. This is important because all recent modeling
studies demonstrate that it is not possible to warm early Mars to 273 K with a pure CO2 atmosphere (e.g.,
Forget et al., 2013; Wordsworth et al., 2013). A single site (e.g., Kite et al., 2014) is sufficient to get a global
estimate of past atmospheric pressure. However, finding paleopressure estimates for sites of multiple ages
gives us better temporal coverage of Martian atmospheric pressure evolution. By considering the effect of
different geologic processes on crater populations we establish two end-member atmospheric pressure scenarios that are consistent with our measured CSFDs. To investigate Mars' paleopressure history as a whole,
we integrate our new upper limits on continuous atmospheric pressure with existing paleopressure estimates and use these to constrain a basic, 2-component model of Mars' atmospheric pressure evolution. Our
model results highlight where new data are needed and motivate the search for new Martian paleopressure
estimates, particularly between 3.6 Ga and present.
The remainder of this paper is organized as follows. Section 2 will describe the geological context of the
sedimentary units that preserve the ancient crater populations we are interested in. Section 3 will describe
our criteria for crater identification and give a brief summary of our chosen atmosphere-impactor interaction
WARREN ET AL.
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Figure 3. Examples of ancient craters in the two main units in our Mawrth Vallis site: (a) “Dark paleosurface” (image
#1, crater with black asterisk in center shown in Figure 5), (b) phyllosilicates (image #2, dark-bottomed crater in
′
′
bottom left (near letter m) centered at 21–12 52.89◦ W, 24–30 50.53◦ N). Dashed ellipses outline exhumed ancient
craters. Dotted ellipses outline candidate exhumed craters that are not included in our final ancient crater counts.

model (Williams et al., 2014). Section 4 will summarize the results from fitting model-predicted CSFDs
to our measured CSFDs and states our new upper limits on constant atmospheric pressure. Section 5 will
discuss processes that can modify CSFDs, the effect of time-varying atmospheric pressure, and demonstrates
that our results are globally representative upper limits on continuous atmospheric pressure. Section 6 will
summarize our conclusions.

2. Geological Context
2.1. Mawrth Phyllosilicates
The Noachian phyllosilicates north/northwest of Oyama crater (24.5◦ N, 21.0◦ W, Figure 2b, “Mawrth”
herein) are composed of thick units (>150 m; Loizeau et al., 2007) of little-deformed (Michalski et al., 2010),
finely layered sedimentary deposits. Hydrous clay minerals (Bishop et al., 2008) make these phyllosilicates
of interest for constraining the atmospheric pressure during the Early Noachian (4.10–3.95 Ga), when liquid water must have been present for alteration to occur. These minerals suggest that surface temperatures
must have been at least 273 K according to Bishop and Rampe (2016), but may have been as high as 310 K
(Bishop et al., 2018). Additionally, the Mawrth phyllosilicates overlie a dark paleosurface (Loizeau et al.,
2010, Figure 3a), which traps an even more ancient crater population. These craters are infilled with layered phyllosilicates and therefore must predate the main phyllosilicate deposition (Loizeau et al., 2012). The
preservation of >100-m diameter craters on this paleosurface shows that it was exposed long enough to be
impacted by bolides (Loizeau et al., 2010). Stratigraphic relationships (Loizeau et al., 2012) and cratering
ages for the overlying phyllosilicate units give an age for the heavily cratered paleosurface of >4 Gyr. Therefore, this surface cannot be dated directly using cratering ages. The phyllosilicates themselves are dated
to 3.8+0.2
Ga (Loizeau et al., 2012). The greatest density of well-preserved embedded craters occurs on the
−0.2
underlying paleosurface. Embedded craters in the overlying phyllosilicates are more sparse, perhaps due to
dilution of the crater population by sedimentation. During periods of rapid sedimentation, there is less time
Table 1
Image and DTM numbers for Mawrth Vallis and Merdiani Planum crater counting locations
Site

#

Image(s)

DTM

Mawrth

1

ESP_023488_2050/ ESP_023554_2050

DTEEC_023488_2050_023554_2050_A01 (PDS-released)

2

PSP_008245_2045/ ESP_016394_2045

DTEEC_008245_2045_016394_2045_A01 (PDS-released)

3

ESP_028011_2055/ ESP_028288_2055

DTEEC_028011_2055_028288_2055_A01 (PDS-released)

4

ESP_022221_1850/ ESP_039667_1850

ESP_022221_1850_ESP_039667_1850_align_1_DEM

Meridiani

(email Warren or Kite for copy)
Note. Location numbers (#) correspond to labels shown in Figure 2. Mawrth paleosurface crater counts come from
location 1 only. Mawrth phyllosilicate crater counts are a composite of all ancient embedded craters found in visually
similar phyllosilicate units in locations 1-3. Meridiani crater counts come from all sedimentary units in location 4 only.
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Table 2
Numerical model parameters
Symbol

Units

Description

H

m

R
T̄

Jkg−1 K−1

g

m s−1

gravitational acceleration

𝜌a

kg m−3

local atmospheric density

𝜌0

kg m−3

z

m

v

m s−1

speed

t

s

time

K

scale height
specific gas constant
characteristic atmospheric temperature

surface atmospheric density
elevation

CD

—

drag coefficient

A

m2

cross sectional area of impactor

m

kg

impactor mass

𝜎

kg J−1

ablation coefficient

𝜎m

MPa

impactor bulk strength

Vt

m3

transient crater volume

mf

kg

final impactor mass

vf

m s−1

Dt

m

transient crater diameter

Df

m

final crater diameter

final impactor velocity

for craters to accumulate on the same stratigraphic level (Kite et al., 2013). The lower density of craters in
the phyllosilicates necessitated crater counting over a larger area. Initially, we compiled crater counts from
only images 1 and 2 (Table 1). We later used textural features occurring in aluminum-rich phyllosilicates
in HiRISE images 1 and 2 to identify additional outcrops of the same phyllosilicates in nearby regions (i.e.,
image 3).
2.2. Meridiani Planum
Our study region in Meridiani Planum (Figure 2c, “Meridiani” herein) is located to the southwest of Capen
crater. We adopt the crater age of Hynek and di Achille (2017), who date these deposits to 3.82+0.10
Ga.
−0.18

Figure 4. Sedimentary features at Meridiani site (image #4): (a) sinuous ridge (outlined in dashed red, large crater in
′
′
′
left of image centered at 12–36 45.768◦ W, 4–58 11.911◦ N) and b) layering (white arrow, points at 12–36 26.065◦ W,
′
4–46 56.299◦ N). A selection of linear ridges (not interpreted as fluvial) on various stratigraphic levels are marked with
yellow dashed-dotted lines. Ancient embedded craters are shown by dashed, white ellipses. Candidate ancient
embedded craters (not included in final counts) are marked with a dotted ellipse.

WARREN ET AL.
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Our DTM includes a sinuous ridge, interpreted as an inverted channel
by Davis et al. (2016) (Figure 4a), with some craters embedded in the
layered deposits that make up the inverted channel itself. In this study,
we are interested in crater populations preserved in sedimentary units.
We identify several sedimentary units at our Meridiani site (image #4,
Table 1). Light-toned units in the south of the region have horizontal
layering (Figure 4b). These light units overlie mid-toned material which
has regularly spaced, morphologically consistent ridges with m-scale
wavelengths. These have different orientations on different stratigraphic
levels (Figure 4b) — this suggests that these are a deposition-era feature
re-exposed by more recent differential erosion. We interpret these units as
being of sedimentary origin. These units overlie a darker surface with no
evidence for a sedimentary origin from HiRISE images. For this study, we
only include embedded craters occurring in units with visible sedimentary features and exclude those in areas covered by modern wind-blown
material.

3. Method
3.1. Crater Counts
We identify definite ancient embedded craters (Figure 5) according to the
following criteria:

Figure 5. Example ancient embedded craters on Mawrth paleosurface
′
′
(centered at 21–10 5.252◦ W, 24–23 30.842◦ N). (a) Large ancient crater,
previously identified by Loizeau et al. (2010) (their Figure 8, #2 in Table 1
of this paper), (b) typical, small ancient crater without interpretation,
(c) topographically elevated rim outlined in red, (d) cross section showing
depth ≪ 0.2× diameter. #1 in Table 1 and Figure 2. Solar incidence angle
45◦ . Illuminated by sunlight from NW.

1. Approximately circular topographic depression.
2. Topographic feature appears convex-up in anaglyph.
3. <50% of crater depression obscured by sand/dust infill.
4. Center of the crater sand/dust free.
5. Maximum crater depth ≪ 0.2×crater diameter.
6. Preservation of a topographically elevated rim spanning at least a 150◦
arc outside the topographic depression (arc may be discontinuous).

Additional support for a crater being ancient and embedded is the presence of disk-shaped, layered sedimentary deposits inside the crater. However, few embedded craters preserve this feature, and we primarily rely
on the criteria listed above. We do not attempt to discriminate between
primary and secondary craters in our counts. While secondary craters are
observed on Mars (e.g., McEwen et al., 2005), secondary craters are not observed in Earth's geologic record.
We assume that at atmospheric pressures ≥1 bar, secondary craters do not significantly affect the observed
CSFDs. Additionally, our chosen atmosphere-impactor interaction model (Williams et al., 2014) closely
reproduces modern Mars CSFDs without including secondary craters.

We measured ancient embedded craters by placing points along the exposed crater rim in ArcGIS (Figure 5).
We fit these points to circles using the MATLAB code circfit, generating a best-fit circle as well as the
largest and smallest possible circles that fit the measured points. We have attempted to reduce the human
errors associated with the crater counts by making at least 2 passes of each DTM. To ensure in-lab consistency, a second person performed an independent crater count within a test region in each DTM. After
two independent counts, differences in selections of definite and candidate craters were discussed and were
recategorized accordingly. In an 11-km2 test patch in DTM #1, Analyst A identified 36 ancient craters, and
Analyst B identified 26. Of these, 25 were agreed upon. Eleven craters were identified by Analyst A that were
not identified by Analyst B. These craters have a mean diameter 40 m and are all < 75 m in diameter. Due to
the small average size of these craters, this difference in identification is likely due to 2 passes of the DTM by
Analyst A and only 1 check pass by Analyst B. 1 crater with diameter > 100m is identified by Analyst B and
not by Analyst A. Our fitting procedure is most sensitive to the smallest craters in the population; therefore,
the inclusion/exclusion of this crater is unlikely to affect our results. We only use CSFDs with more than
∼50 craters to reduce the impact of misidentifying erosion-era craters as ancient on the paleopressure fit
and to improve our confidence that our measured population more closely represents the erosion-modified
ancient crater population (Williams et al., 2017).
WARREN ET AL.
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3.2. Model
Impactors passing through planetary atmospheres experience ablation and decceleration and can also
undergo catastrophic disruption or fragmentation. These processes have been extensively modeled for
both the Earth's atmosphere (e.g., Bland & Artemieva, 2006; Boslough & Crawford, 2016; Hills & Goda,
1993; Lyne et al., 1996; Melosh, 1981; Passey & Melosh, 1980; Svetsov et al., 1995) and the atmospheres
of other bodies in the Solar System (e.g., Chappelow & Sharpton, 2012; Ivanov, 2001; Popova et al., 2003;
Korycansky et al., 2004, 2005). In this study, we employ a numerical model of ablation and decelaration
of impactors passing through atmospheres of different pressures written by Williams et al. (2014). This
model closely reproduces geologically recent crater populations on Mars when zero-elevation corrected
atmospheric pressure is set to the present day value. To estimate paleopressure, we treat impacts as a Poisson process (Aharonson et al., 2003) and use the pipeline of Kite et al. (2014) to bayesian fit the observed
CSFD to model crater distributions at a range of atmospheric pressures from 0.006 to 5 bar, as generated
for Kite et al. (2014) using the methodology described in Williams et al. (2014). We briefly summarize the
model here. Model parameters are listed in Table 2.
Synthetic crater populations are generated using a forward model of impactor-atmosphere interactions for
an ensemble of 106 impactors with properties drawn from distributions of size (Brown et al., 2002), velocity
(Davis, 1993), density, and strength (i.e., irons and chondrites) (Ceplecha et al., 1998) based on terrestrial
fireball network observations (Ceplecha et al., 1998) using a Monte Carlo approach. Each impactor starts at
an altitude of 100 km and passes through an atmosphere with scale height:
H=

RT
g

(1)

where R is the specific gas constant for CO2 , and T̄ is a characteristic atmosphere temperature. We assume
that the atmosphere is isothermal and use surface temperature Ts as our value for T̄ . The local atmospheric
density, 𝜌a is:
−z
𝜌a = 𝜌0 exp
(2)
H
where 𝜌0 is the surface atmospheric density calculated using the ideal gas law (p0 = 𝜌0 RT). p0 is surface pressure. We assume a flat surface geometry and therefore, do not allow impactors to skip out of the atmosphere
(Williams et al., 2014).
As an impactor passes through the atmosphere, it loses kinetic energy through drag (equation (3)) and
ablation (equation (4)):
C 𝜌 v2 A
dv
=− D a
+ g(z) sin 𝜃
(3)
dt
2m
(where t is time, v is speed, z is height above Mars' surface, 𝜃 is the angle of the impactor trajectory measured
from the horizontal, g(z) is local gravitational acceleration at z, CD is the drag coefficient, 𝜌a is atmospheric
density at z, A is cross-sectional area of the impactor). The impactor is assumed to be spherical and in the
high Reynolds number, continuum flow regime, therefore CD ∼ 1 (Podolak et al., 1988).
C 𝜌 v3 A
dm
=− h a
dt
2𝜁

(4)

(where m is mass, Ch is heat transfer coefficient, and 𝜁 is the heat of ablation; Williams et al., 2014). CD , Ch ,
and 𝜁 are related through the ablation coefficient 𝜎 (Ceplecha et al., 1998):
𝜎=

Ch
2𝜁 CD

(5)

In addition to ablation, the model includes fragmentation of impactors through aerodynamic breakup. Fragmentation occurs when the dynamic pressure from the impactor passing through the atmosphere (𝜌a v2 )
exceeds the bulk strength of the impactor (𝜎 m ). All impactors are assumed to have the same bulk strength.
𝜎 m = 0.65 MPa best reproduces the present-day SFD of small craters on Mars (Williams et al., 2014). The
model limits fragmentation to a single event producing < 100 individual fragments, each of which are followed to the end of their flight. As described in Williams et al. (2014), the number of fragments generated
in each fragmentation event follows a power-law probability distribution with slope −1.5. Fragment masses
are determined by iteratively subtracting random mass fractions from the initial impactor mass.
WARREN ET AL.
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Table 3
Impact crater scaling parameters
Parameter Dry soil/soft rock Wet soil/hard rock

Description

𝜌t (kg m−3 )

2000

3200

Target density

𝜇

0.41

0.55

Empirical constant related to target porosity (equation (6))

Y (kPa)

65

6900

Yield strength

K1

0.132

0.095

Empirically-derived scaling parameter (equation (6))

K2

0.26

0.257

Empirically-derived scaling parameter (equation (6))

Kr

1.1

1.1

Empirically-derived scaling parameter (equation (3.2))

Note. Values as given in Williams et al. (2014) from material published online (http://keith.aa.washington.edu/
craterdata/scaling/theory.png).

When an impactor reaches the surface, final mass and velocity can be used to calculate the size of the
resulting crater (Holsapple, 1993):
Vt = K1

m𝑓
𝜌t

[𝜋2

𝜌m
𝜌t

1
3

2+𝜇

+ K2 𝜋3 2 ]

3𝜇
− 2+𝜇

(6)

where Vt is transient crater volume, mf is final mass, 𝜌t is target density, 𝜌m is impactor density, and K1 , K2
and 𝜇 are empirical coefficients that vary between target material (Table 3). This expression for Vt smoothly
spans the transition between the the strength regime (crater size primarily determined by target strength)
and the gravity regime (crater size primarily determined by surface gravity) (Holsapple, 1993). 𝜋 2 and 𝜋 3 are
dimensionless numbers given by:
𝜋2 =
𝜋3 =

gRp

(7)

v2𝑓
Y
𝜌t v2𝑓

(8)

where vf is final velocity, Rp is projectile diameter, and Y is target yield strength. Impactors with vf < 500 m
s−1 are removed from the simulation because they are travelling too slowly to produce hypervelocity impact
craters (Kite et al., 2014; Williams et al., 2014). Transient crater diameter, Dt is then:
1

Dt = 2Kr Vt3

(9)

The final diameter of the crater Df = 1.3Dt (Holsapple, 1993). When crater clusters form after fragmentation
events, their effective diameters (Deff ) are calculated from individual crater diameters (Di ) using De𝑓 𝑓 =
(∑ 3 ) 1
3 . The synthetic CSFD assumes target properties for dry soil (Williams et al., 2014). We follow Kite
i Di
et al. (2014) and assume that target properties for dry soil/soft rock (Table 3) are likely to be appropriate for
ancient craters preserved in the Mawrth phyllosilicates and at our Meridiani Planum site because the craters
formed during the deposition of loose material. However, the cratering model may be strongly sensitive to
target strength (Figure S4 in Kite et al., 2014). The lithology of the Mawrth "dark paleosurface" is poorly
constrained (Loizeau et al., 2012), and therefore, values for hard rock may be more appropriate. Additionally,
if the sediments deposited at Mawrth Vallis and Meridiani Planum were wet, their strength would be greater
(Table 3). Both of these would introduce a systematic underestimate of atmospheric pressure. An increase
in target yield strength from dry alluvium (Y = 65 × 103 Pa) to hard rock (Y = 7 × 106 Pa) without changing
any other parameters could increase our upper limit paleopressure estimates by as much as a factor of 2.
This only holds if 𝜇 (an experimentally derived empirical coefficient related to porosity) is kept constant at
𝜇 = 0.41. However, a more appropriate value for 𝜇 for hard rock may be 𝜇 = 0.55. With this Y -dependent
adjustment for the value of 𝜇 , our paleopressure estimates would only increase by a factor of ∼ 25% for a
hard rock surface.
Our final paleopressure estimates are corrected for elevation to zero-elevation atmospheric pressure:
p
pcorr =
(10)
exp −|𝛥z|
H
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Table 4
Crater diameters and paleopressure upper limits from models and full fitting procedure
Min. crater diameter
Site

Dmin (m)

Mawrth paleosurface

21.2±0.6
0.7
15.2±0.7
0.9
15.7±1.2
2.0

Mawrth phyllosilicates
Meridiani

Paleopressure upper limits
pN
sfd

(bar)

pFsfd

(bar)

1.9± 0.1

1.3±0.1

1.5± 0.1

1.0±0.1

1.5± 0.1

1.0±0.1

Note. Dmin - minimum measured crater diameter, error bars give upper and lower limits
)
from circfit pressure estimates from the full CSFD with (pFsfd ) and without (pN
sfd
fractalcorrection for each study region. All pressures are zero-elevation corrected.

where pcorr is the new elevation corrected atmospheric pressure and |Δz| is the change in elevation of the site.
Assuming H = 10.7 km, this corresponds to a systematic error of ∼10% for every 1 km change in elevation. At
present, our crater counting sites are 3,100 m (Mawrth) and 670 m (Meridiani) below the Mars geoid. Large
(km-scale) changes in the elevation of these sites are not expected between the time of crater population
accumulation and present, even taking into account the growth of Tharsis and true polar wander (e.g., Citron
et al., 2018).

4. Results
Our paleopressure estimates are 1.9±0.1 bar for the Mawrth paleosurface, 1.5±0.1 bar for the Mawrth phyllosilicates, and 1.5±0.1 bar for the Meridiani data (Table 4). The fitted synthetic CSFDs are shown alongside
the real data in Figure 6. Our new upper limits on continuous atmospheric pressure are shown alongside
existing paleopressure estimates in Figure 7. Our impactor-atmosphere interaction model produces synthetic CSFDs with 10–20-m diameter craters under a 1 bar atmosphere. This is consistent with observations
of small (<100-m diameter), hypervelocity craters on Earth (e.g., Folco et al., 2011; Shoemaker et al., 2005),

Figure 6. Fits of measured crater size frequency distributions (CSFDs, black) to synthetic data from atmosphere-impactor interaction model (colored lines)
without the fractal correction (described in section 5.1, a–c, blue tint) and with the fractal correction (d–f, see discussion in section 5.1) for the Mawrth
paleosurface (a, d), Mawrth phyllosilicates (b, e), and Meridiani (c, f). x-axis upper limit is 200 m because fitting procedure is most sensitive to smallest craters
in distribution (15–50-m scale). Dashed-dotted, gray lines in d–f show synthetic CSFDs without the fractal correction (from left to right: 0.5, 1, 2, and 3 bars).
Hatched areas show 2-𝜎 bootstrap error envelope on fit (±0.1 bar). Black horizontal arrows indicate that paleopressure fits are upper bounds, due to the
possibility of preferential obliteration/non-recognition of small craters, (section 5.3).
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Figure 7. Updated paleopressure constraints for Mars showing our new upper limits (orange, light purple, and dark
purple symbols) in context. Superscripts: a - constraints from small, ancient, embedded craters, b - constraints from
remote sensing, c - constraints from all other techniques (meteorite analyses and modeling). Upward
(downward)-pointing triangles indicate lower (upper) bounds. Circles indicate estimates of absolute atmospheric
pressure or direct measurements. Downward arrows from a horizontal line indicate that pressure is constrained to have
been below the given value for the entire time interval. 1c ) Cosmochemical estimate based on scaling Earth's C
abundance to Mars (Lammer et al., 2013), 2c ) atmospheric evolution model results based on Ar isotope measurements
from Mars meteorite ALH 84001 and from modern Mars (Cassata et al., 2012) (a - maximum atmospheric pressure for
first 400 Myr of Mars' history, b - pressure at age of meteorite), 3c ) atmospheric evolution model results based on Ne, Ar
and Xe isotope measurements from ALH 84001 and modern Mars (Kurokawa et al., 2018), 4c ) thermodynamic
modeling of Mg-Fe-Ca carbonate formation (van Berk et al., 2012), 5) atmospheric evolution model results (Hu et al.,
2015), 6b ) pressure calculated from impact structure from bomb sag in pyroclastic deposits (Manga et al., 2012), 7)
pressure estimates from CSFDs in Aeolis Dorsa (corrected from Kite et al., 2014) (a/b - with/without rimmed circular
mesas), 8b ) pressure calculated from wind ripple size (Lapotre et al., 2016), 9*c ) thermodynamic modeling of siderite
formation (Bristow et al., 2017) (since superseded by experimental results, see Tosca et al., 2018), 10b ) annual mean
modern atmospheric pressure + CO2 stored in polar ice (Bierson et al., 2016; Putzig et al., 1987), 11b ) annual mean
modern atmospheric pressure, 12b ) absolute upper and lower bounds of MAVEN escape rates extrapolated backwards
in time (Lillis et al., 2015). Only studies that explicitly find paleopressure estimates are included here.

including two that are <20-m in diameter within the past 5 kyrs: the Haviland crater (15 m, Nininger &
Figgins, 1933), and the Carancas crater (13.5 m, Tancredi et al., 2009).
Using the same method as described here, Kite et al. (2014) stated a paleopressure upper limits of 0.9 ± 0.1
bar and p < 1.9 ± 0.2 bar with and without rimmed circular mesas (potential but not confirmed preserved
ancient impact craters), respectively. To do this, the senior author (E. S. Kite) used the p0 (zero-elevation
corrected atmospheric pressure) from the National Space Science Data Center (0.20 kg m−3 ). However, this
greater than the p0 given by the Mars Climate Database and is not self-consistent. With self-consistent p0 ,
a
a
the limits become p < 1.1±0.2
0.1 and p < 2.4 ± 0.2 bar. We plot the corrected values (7b and 7a ) in Figure 7
onwards. Our paleopressure estimates at 3.8±0.2 Ga agree with the constraint of van Berk et al. (2012) (4c )
from thermodynamic models of carbonate cation compositions, and the modeled upper bound on pCO2
from Hu et al. (2015) (5c ). Including a fractal correction (described in Section 5.1) lowers our paleopressure
estimates; we discuss whether the fractal correction is appropriate in Section 5.1. We assume that local,
elevation-independent variations in pressure are negligible (we justify this assumption in Section 5.3) and
consider the impact of both long-term (108 -year timescale) and short-term (on the timescale of obliquity
changes) changes in atmospheric pressure on our upper bounds in Section 5.2.
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Figure 8. Schematic illustrating the effect that depositional and erosional processes have on CSFD shape. Process 1:
(a) initial cratered volume before modification, (b) intersection of erosional cut with cratered volume, cut intersects
more large craters than are represented by the underlying crater population. We refer to the correction for this effect as
the “fractal correction." Process 2: (c) initial cratered surface, (d) cratered surface after modification by sedimentary
processes with obliterated smaller craters indicated by dashed circles. Effect of these two processes on CSFD: (e) initial
CSFD for a & c (pre-modification), (f) observed CSFD for b & d after modification by processes 1 & 2. The grey dashed
curve is the original, unmodified CSFD from e.

5. Discussion
Our main points in this section are as follows:
1. Section 5.1 — CSFDs can be modified by multiple processes including changes in impactor population
and preferential obliteration of smaller craters. This supports the interpretation of our paleopressure fits
as upper limits on atmospheric pressure, rather than best estimates.
2. Section 5.2 — Our measured CSFDs cannot be produced through atmospheric pressures persistantly
above our upper limits. However, our measured CSFDs can be matched by crater population accumulation in either an atmosphere with constant pressure or in an atmosphere that has varied in time between
high and low atmospheric pressures. Therefore, our paleopressure estimates from section 4 cannot simply
be taken as fixed upper bounds on atmospheric pressure. We can constrain the minimum accumulation
time at any pressure < 1.5 bar recorded by each outcrop by using crater production functions.
3. Section 5.3 — Our results are not affected by local variations in zero-elevation corrected pressure, as the
early Martian atmosphere is unlikely to have been able to sustain annual mean zero-elevation corrected
atmospheric pressure gradients greater than a few percent.
5.1. Modification of CSFDs Over Geologic Time: Sedimentation, Erosion, and Changes
in Impactor Population
There are three key processes that contribute to the removal of smaller craters:
1. The likelihood of intersecting a crater on an erosion surface through a 3D volume containing craters is
proportional to a crater diameter (Smith et al., 2008, Figures 8a and 8b).
2. Erosion and sedimentation processes preferentially remove small craters because of their smaller topographic expression (Jerolmack & Sadler, 2007; Öpik, 1966), Figures 8 c and 8d) (a more complete summary
of the issues associated with crater modification and preservation can be found in Williams et al., 2017).
3. Craters may be excluded from counts because the resolution of HiRISE images, and DTMs are insufficient
for us to resolve the smallest preserved craters.
These effects increase the likelihood that the smallest craters in any population will be missed in crater
counts. As a result, paleopressure estimates based on our measured CSFDs represent upper bounds. Additionally, degradation of craters can widen the apparent crater diameter by up to 10% through backwasting
of the crater rim (Craddock et al., 1997; Grant & Schultz, 1993). Watters et al. (2015) also report rim span
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widening with increasing crater modification for small, recent craters, that may be in a more representative
size regime for the craters that most strongly affect our paleopressure estimates (<100-m diameter). The
effect of this is to shift the entire CSFD to larger crater diameters (i.e., displacing the schematic CSFD in
Figure 8e to the right), which may mean that our upper bounds on paleopressure are conservative. It is also
possible for an erosional cut to occur below the original crater rim. This would lead to apparent shrinkage
of the bowl. However, our ancient embedded crater criteria (section 3) specify that a topographically elevated rim must be preserved for a crater to be included in our counts, and therefore, this effect is unlikely
to be important for our crater counts. We assume that a preserved topographic rim represents the original
crater diameter regardless of the orientation of an erosional cut. If the cut destroys the rim — modifying the
apparent crater diameter — the crater does not meet the selection criteria and is not included in this study.
To correct for the increased probability of not intersecting smaller craters in an erosional cut that spans
many stratigraphic levels (1), we can compensate for the preferential loss of the smallest craters in each population. This can be done by implementing a “fractal correction” (Kite et al., 2014). This fractal correction
reduces the weight of each crater in our modelled CSFDs in proportion to its diameter, with the greatest
down-weighting of the largest craters, so that each diameter range is an equally good probe of the underlying
CSFD throughout the cratered volume that we are only seeing a small part of. To ensure that our paleopressure upper limits are as conservative (high) as possible, we choose not to apply this correction by default.
The Mawrth paleosurface data is fit much better by the model data with the fractal correction (accounting
for processes 1 & 2) included (Figures 6a–6d). However, the paleosurface dips only 1-2◦ to the north east,
and the erosion surface does not visibly cut any stratigraphic layers. Therefore, we propose that the Mawrth
paleosurface represents a single stratigraphic level that has been exposed at the surface by the erosional cut.
If this is the case, the fractal correction does not apply.
While we do not rule out the possibility of size-selective crater obliteration (2) as an explanation for this
observation on the Mawrth paleosurface, a fourth process may contribute to the difference in observed
CSFD:
4. The impactor population in our atmosphere-impactor interaction model might not be representative of
the impactor flux at Mars' orbit at ∼4 Ga (Strom et al., 2005).
The impactor population used in the forward model is adapted from satellite observations of the annual flux
of objects colliding with Earth. This is scaled to Mars and can closely reproduce recent crater populations
on Mars (Williams et al., 2014). However, it may not be a representative of Mars' impactor population over
the past 4 Gyr. The Mawrth paleosurface CSFD may record a difference in the impactor population reaching
Mars earlier in its history, as a reduction in the relative proportion of smaller impactors for a given atmospheric pressure would have the same sign as the fractal correction, acting to flatten the cumulative CSFD.
Additionally, the Mawrth phyllosilicates and Meridiani CSFDs may also encode a changing impactor population component, as their ages place them close to the end of the Late Heavy Bombardment, for which
evidence suggests an impactor CSFD richer in massive impactors by 1 log unit (Strom et al., 2005, 2015).
The Meridiani data are also better fit when the fractal correction is implemented (Figures 6c vs. 6f). This
is consistent with the fact that the Meridiani crater counts are a composite of ancient embedded craters
in sedimentary deposits that span multiple stratigraphic levels, few of which are as exposed at the surface
over as large a continuous area as the Mawrth paleosurface. However, the Hynek and di Achille (2017)
age for this region also places it towards the end of the Late Heavy Bombardment. Therefore, a change
in impactor population (4) may partially explain the shape of the CSFD by increasing the proportion of
large impactors, flattening the CSFD. Conversely, the Mawrth phyllosilicate data are fit best by the model
CSFDs when no fractal correction is applied (Figures 6b vs. 6e). This is surprising because, like Meridiani,
the Mawrth phyllosilicates crater counts also span multiple stratigraphic levels, which we would expect
to flatten the observed CSFD due to the greater probability of an erosional cut intersecting larger craters
(1). The difference in the two CSFDs may reflect differences in crater preservation between the two sites.
Alternatively, the dominant effect may be changes in impactor population between the deposition of the
Mawrth phyllosilicates and Meridiani sediments, as the Mawrth phyllosilicates could predate the Meridiani
deposits by up to ∼300 Myr based on cratering ages.
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Figure 9. Model crater size frequency distributions (CSFDs) produced by (a) variations in atmospheric pressure from
0.3 to 3.5 during the time of crater population accumulation (b) degree of preferential obliteration of small craters.
Dashed colored lines correspond to nonvarying 0.3 (cyan) and 3.5 bar (red) atmospheres. f is the fraction of time spent
at minimum atmospheric pressure. Thick black line shows measured Meridiani CSFD. To illustrate the effect of
simulated crater population modification on synthetic CSFDs, b) shows a time-varying pressure CSFD with f =0.4 and
different degrees of preferential obliteration of small craters (n).

5.2. Constant and Time-Varying Atmospheric Pressure Both Fit Data
Crater populations do not record an instantaneous atmospheric pressure, and atmospheric pressure need
not remain constant over time. Long-term changes in the balance between atmospheric source and sink
processes may have changed atmospheric pressure over the course of crater accumulation. The large number
of craters on the Mawrth paleosurface suggests that it was exposed for >100 Myr (Loizeau et al., 2010). This
is not much shorter than the timescales of degassing, weathering, and atmospheric escape for early Mars.
Additionally, climate models have demonstrated that, depending on Mars' obliquity history, its atmosphere
may have undergone periods of collapse (e.g., Forget et al., 2013; Kreslavsky & Head, 2005; Saito & Kuramoto,
2017; Soto et al., 2015) and reinflation. This provides a mechanism for atmospheric pressure to vary on 103
yr timescales, provided that the atmospheric pressure falls below the threshold pressure for atmospheric
collapse (∼ 0.5 bar according to Forget et al., 2013). If either of these processes occurred, then our measured
CSFDs may represent time-varying atmospheric pressures.
We used synthetic crater populations generated by the atmospheric filtering model to create ‘time-varying
pressure’ CSFDs (Smix ). We achieve this by combining CSFDs for a chosen maximum and minimum pressure. These are weighted by the fraction f of time spent at the minimum pressure. CSFDs at high and low
pressures are normalized so that the number of large impactors reaching the surface after passing through
either atmosphere are the same. We test combinations of 0.007, 0.3, 0.5, 1.2, 2.3, and 3.5 bar atmospheres.
No fractal correction is applied to these CSFDs.
Smix = 𝑓 Slow + (1 − 𝑓 )Shigh

(11)

When the atmosphere is thin, a greater number of small impactors are able to reach the surface over any
given time period. Spending as little as 0.1% of the crater accumulation period at the lower pressure can form
a substantial “tail” of small craters (Figure 9a). However, we may not actually be able to resolve the small
crater tail in our data because of observational limitations (the resolution of HiRISE images and DTMs), and
because the crater population has been modified by sedimentation and erosion.
We approximate the effects of sedimentation and erosion on a given CSFD (S) by multiplying through by an
arbitrary crater removal factor (c), which is a function of crater diameter such that:
{
0,
(
) D < Dmin .
c=
(12)
D −D
1 − exp minn
, D ≥ Dmin
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Figure 10. Our measured crater size frequency distributions (CSFDs) cannot be produced by any combination of atmospheric pressures above our continuous
paleopressure upper limits, even when the CSFDs are modified by preferential removal of small craters. Contours of 5th and 25th (Mawrth paleosurface and
Mawrth phyllosilicates data) and 5th and 35th (Meridiani) crater diameter for different fractions of time spent at low pressure (f , cool colors) and degrees of
CSFD modification by preferential obliteration of small craters (n, warm colors) plotted on the same axes as the actual 5th and 25th percentile crater diameters
for each site (black crosses with error bars). The 5th and 25th (35th) percentiles correspond to the small craters in the distribution. Error bars indicate mean
difference between best-fit crater diameter and maximum and minimum crater diameters found using circfit. Greyed out areas are regions of parameter
space for which it is not possible to reproduce the shape of the measured CSFD. High and low pressures are corrected to planet datum elevation (i.e., pressures
are corrected from local site elevation to 0-m elevation).

We use this to generate a "modified" CSFD, Smod :
Smod = c(D)S

(13)

where Dmin is the smallest observed crater diameter for a given dataset and n is the "e-folding" crater diameter, such that ∼60% of craters with D = n + Dmin are preserved. This simple approximation of small crater
removal is justified based on the possible CSFD modification mechanisms outlined in section 5.2, all of
which act to preferentially remove smaller craters. Our approach also gives the worst case scenario for crater
preservation because we assume that the smallest possible crater in each CSFD is the smallest observed
crater in our crater counts. We take Dmin from each CSFD rather than using an overall Dmin because ancient
embedded craters on the Mawrth paleosurface are visually distinct from those preserved in the Mawrth
phyllosilicates or Meridiani units. Therefore, we cannot assume that all of the crater populations have been
preserved in the same way or have undergone the same modification.
To compare our artificial, cumulative CSFDs for time-varying atmospheric pressure to our measured CSFDs,
we plot the 5th and 25th (Mawrth paleosurface and phyllosilicates) and 5th and 35th (Meridiani) percentile
crater diameters from the artificial populations and our real data (Figure 10). If our measured crater diameters fall within the range of diameters for each percentile that can be achieved by changing the fraction of
time spent at low pressure (f ) and changing the degree to which the population is modified by the preferential removal of small craters (n) for a combination of pressures, then our data can be reproduced by having
an atmosphere varying between these two pressures during crater accumulation. We demonstrate that it is
not possible to match the 5th and 25th (35th) percentile crater diameter for any combinations of pressures
greater than the upper limit on continuous atmospheric pressure presented in section 4 (Figure 10). This
is because the CSFDs for a high pressure atmosphere are more strongly dominated by larger craters, and
our population modification function preferentially removes smaller craters. This acts to flatten the CSFD
and causes high pressure CSFDs to rotate clockwise relative to our data. This generates a greater apparent
paleopressure. We conclude that our measured CSFDs cannot be produced by atmospheric pressures continuously above our paleopressure upper limits. This is a key finding which validates our main results in
Section 4.
However, many different combinations of maximum and minimum pressures can reproduce our observed
CSFDs (Figure 11). Therefore, our method cannot rule out changes in atmospheric pressure during crater
population accumulation. These changes in atmospheric pressure can occur through:
1. Large scale changes in sources and sinks
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Figure 11. Our measured crater size frequency distributions (CSFDs) can be produced by time varying atmospheric pressure, provided that at least the
minimum pressure is below our continuous paleopressure upper limits. Contours of 5th & 25th crater diameter for different fractions (f ) of time spent at low
pressure (cool colours) and degrees of CSFD modification (n) by preferential removal of small craters (warm colors) plotted on the same axes as the actual 5th
and 25th percentile crater diameters for the Mawrth paleosurface (black crosses with error bars). Error bars indicate mean difference between best-fit crater
diameter and maximum and minimum crater diameters found using circfit. Greyed out areas are regions of parameter space for which it is not possible to
reproduce the shape of the measured CSFD. All pressures are corrected to planet datum elevation (i.e., pressures are corrected from local site elevation to 0 m
elevation).
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Figure 12. Minimum time needed for the observed number of craters in the diameter bin 15.6-22.1 m to accumulate as
a function of minimum atmospheric pressure (Pmin ) for crater populations (a) in the Mawrth phyllosilicates, (b) at
Meridiani. Solid curves show minimum accumulation times at each pressure if both sites are at their best-fit ages
Ga, respectively). Dashed curves show minimum accumulation times at each pressure for the
(3.8 ± 0.2 and 3.82+0.10
−0.18
upper and lower limits on the ages of each site. X-axis range is 0.006 to 1.5 bar.

2. Atmospheric collapse
Using crater production functions, we can estimate the minimum duration of time spent at present day
atmospheric pressure. By selecting a diameter bin in a crater population of a known age, we can estimate
the minimum accumulation time needed for the number of craters in that bin to accumulate at present-day
atmospheric pressure. We observe seventeen 15.6 to 22.1-m diameter craters (bin -1 Michael, 2013) at
our Meridiani site. This is the first diameter bin to have > 5 craters. This is important because it means
that the crater diameter bin used does not represent the smallest possible crater that can form at 1.5 bar
(this would yield an infinite accumulation time). Using the production and chronology functions given in
Michael (2013), under a paleo-atmospheric pressure of 6 mbar that does not vary during the period of crater
accumulation recorded by the embedded craters in our study, our observed crater populations would have
accumulated over a minimum of 104 years (Mawrth phyllosilicates site) to 105 years (Meridiani). At higher
atmospheric pressures, fewer craters of this size are expected to form, and a correspondingly longer time
must be spent at high pressure to accumulate the observed craters (Figure 12). We can multiply the accumulation time by the ratio of the flux of craters in the chosen diameter bin at present day pressure to the flux of
craters in the same bin at a higher pressure. For a paleo-atmospheric pressure of 1.5 bar that does not vary
during the period of crater accumulation recorded by the embedded craters in our study, our observed crater
populations would have accumulated over a minimum of 105 years (Mawrth phyllosilicates site) to 106 years
(Meridiani site). This calculation cannot be performed for the Mawrth paleosurface because crater production functions do not extend to before 4 Ga. All accumulation time estimates are subject to the uncertainties
associated with the dating of the Mawrth phyllosilicates and Meridiani site, as well as uncertainties in the
crater production functions used to calculate past cratering rate. If the crater population is older (younger),
the flux of craters km−2 Ga−1 is higher (lower) (Michael, 2013), and the observed craters will need a shorter
(longer) minimum accumulation time at any given pressure.
We expect smaller craters to be preferentially removed or missed in our crater counts. Therefore we consider
it more likely that our measured CSFD for Meridiani corresponds to continuously low (≪ 1.5 bar) pressures
rather than long periods spent at pressures ≫ 1.5±0.1 bars with short (104 yr), low pressure excursions. This
is further supported by the models of Forget et al. (2013) and Soto et al. (2015), which suggest that there are
two different ways that the saturation vapor pressure of CO2 can affect Mars' atmospheric pressure:
1. Obliquity-independent buffering of high atmospheric pressures to values below the saturation vapor
pressure of CO2 at the coldest point on Mars.
2. Obliquity-dependent collapse into CO2 icecaps between <0.1 and ∼0.5 bar.
This suggests that rapid oscillation between pressures >1.5 bar and <0.5 bar is unlikely to be possible through
atmospheric collapse because the upper bound on atmospheric pressure for collapse to occur at any obliquity
is relatively low (0.5 bar, Forget et al., 2013). Therefore, for any time during crater population accumulation to have been spent at pressures >1.5 bar, 100 Myr-timescale changes in atmospheric pressure due to
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processes such as outgassing, impact delivery/erosion of volatiles, carbonate formation, and escape to space
must also have occurred. These processes all leave imprints on Mars' geologic record that can potentially
be compared to the timing of our measured crater populations to assess the feasibility of different atmospheric pressure histories and are constrained by factors such as the growth of Tharsis (Phillips et al., 2001),
shutdown of the Martian geodynamo, and reduction in atmospheric escape rates over time (Tian et al., 2009).
We can therefore identify three very different, pressure histories for Mars between ∼4 and 3.8±0.2 Ga that
are equally consistent with our new results:
1. Pressure continuously at our upper limits on continuous atmospheric pressure.
2. Pressure continuously below the upper limit for atmospheric collapse (∼ 0.5 bar), with possible low
pressure intervals caused by collapse.
3. Fluctuations in atmospheric pressure of several bar due to changes in the balance of atmosphere
sources and sinks. The minimum atmospheric pressure must be below our upper limits on continuous
atmospheric pressure.
5.3. Single-Site Atmospheric Pressure Upper Limits are Globally Representative
Having demonstrated that our paleopressure estimates do in fact constrain atmospheric pressure at the time
of crater population accumulation, we show that paleopressure at an individual site is representative for all
of Mars once corrected for the exponential decrease in local surface pressure with increasing local elevation.
On Earth, zero-elevation corrected annual mean pressures vary only by several percent (Trenberth et al.,
1987). As our paleopressure estimates are similar to the surface pressure of present day Earth, we expect
that pressure gradients in the ancient Martian atmosphere would be of a similar order. However, on some
solar system bodies, such as Io, it is possible to sustain gradients in zero-elevation corrected pressures on the
order of 10 times mean atmospheric pressure (Buratti et al., 2011; Jessup et al., 2004). Assuming geostrophic
balance (latitudinal pressure gradients balanced by Coriolis force) in a 1 bar Martian atmosphere, we can
calculate a geostrophic wind velocity, ug , for a pressure difference of Δp = 15 patm ∼ 2 × 104 Pa:
ug =

1 𝜕p
,
𝜌0 𝑓 𝜕𝑦

(14)

where f is the Coriolis parameter f = 2Ωsin𝜙 (Ω - Mars rotation rate ∼ 7.1 × 10−5 rad s−1 , 𝜙 - latitude (◦ )).
patm = 𝜌0 gh.

(15)

The density of Earth's atmosphere is ≈ 1kg m−3 , and Mars' gravity is approximately three times less of the
Earth. Assuming the scale heights to be comparable for both planets, we take 𝜌0 ≈ 3 kg m−3 for Early
Mars. For 𝜙 = 30◦ , and using the equator-pole distance as a representative length scale L ∼ 5 × 106 m,
ug ≈ 30 m s−1 . If the Rossby number Ro = 𝑓UL ≪ 1, then geostrophic balance is a valid assumption. For
ug = 20 m s−1 Ro ≈ 0.1. Assuming that the ideal gas law holds and the difference in pressure is sufficiently
small, we can say that:
𝛥p
𝛥T
∝
T
p

(16)

This allows us to define a pressure relaxation timescale 𝜏 p :
𝜏p ∝

T
ug 𝛥T
𝛥𝑦

∝

pL
ug 𝛥p

(17)

This gives 𝜏 ∼ 12 days.
Maintaining a pressure gradient requires an energy input. Pressure has units of energy density. We can
imagine a simple case where energy (Q) is supplied via a region of high surface temperature that heats the
p
overlying CO2 atmosphere with mass m = g initially at ∼ 300 K to a temperature sufficient to produce the
pressure difference of 2 × 104 Pa (equation (18)). This area needs to supply energy above that supplied to the
rest of the atmosphere to maintain the pressure gradient.
Q=
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This energy needs to be supplied on a timescale ≤ 𝜏 , which tells us the rate at which energy needs to be
supplied to the atmosphere to sustain the pressure difference, ∼ 1.3 × 103 Wm−2 . It is very difficult to devise a
mechanism to maintain a rate of energy supply on this scale. From the Stefan-Boltzmann equation, F = 𝜎 T4 ,
this would require the region of elevated surface temperature to be at around 420 K: 120 K higher than the
background. The lower the background surface temperature, the greater this difference would need to be.
This surface temperature anomaly would need to span an area comparable to the area of the p anomaly in
order to sustain it, otherwise all heat would rapidly dissipate in the surrounding atmosphere. Alternatively,
the source of the anomaly would need to be immediately adjacent to one of our study regions. Additionally,
for the pressure anomaly to have a significant effect on the observed CSFD, the energy source would need
to persist for millions of years. For comparison, typical cooling timescales for magmatic intrusions are on
the order of kyrs (Costa et al., 2008). Additionally, lavas could not supply the required power due to the
formation of chill crusts (e.g., Matson et al., 2006). Giant impacts have been proposed as a mechanism for
raising the surface temperature through the delivery of large amounts of kinetic energy (e.g., Segura et al.,
2012). However, modelling studies of impacts on this scale suggest that the heating effect would be 1) global,
and 2) short-lived (< 10 years) (Steakley et al., 2019; Turbet, Gillmann, et al., 2019).
We also consider the maximum pressure gradient that could be sustained on Early Mars by differences in
insolation across the surface. Assuming an obliquity of 0◦ , insolation will vary from a maximum at the
equator to 0 at the poles. Taking Earth's solar constant to be GSCEarth =1361 W m−2 and a Sun at 70% of
its current brightness at ∼ 4 Ga (Bahcall et al., 2001; Gough, 1981), we can construct an expression for
maximum insolation (Fmax ) on Mars:
Fmax =

GSCEarth
REarth 2
RMars

×

0.7
= 131.7 W m−2
𝜋

(19)

where REarth and RMars are distances to each planet from the Sun. Using the pressure relaxation timescale
from equation (18) gives Q = 5.83 × 106 J m−2 . Rearranging equation (18) and assuming an average surface
temperature of 273 K, the maximum possible zero-elevation corrected pressure difference is only of order
1190 Pa, or ∼1.2% of the total atmospheric pressure. Even in the most extreme case where the average Martian surface temperature is low (210 K) and the sun at 4 Ga is assumed to be as bright as at present, this
value only rises to 2160 Pa, or less than 2.2% patm . Therefore, we conclude from these order of magnitude
estimates that the paleopressure estimates in this study can be taken as representative of the global Martian
atmosphere.

6. Integrating New Constraints with Existing Data Using a 2-Component
Atmospheric Evolution Model
Detailed atmospheric evolution models rely on balancing fluxes from atmospheric sources and sinks (e.g.,
Cassata et al., 2012; Dong et al., 2018; Haberle et al., 1994; Jakosky, 2019; Kurokawa et al., 2018; Pepin, 1994;
Slipski & Jakosky, 2016). The main sources for the Martian atmosphere are mantle outgassing and impact
delivery of volatiles (Jakosky et al., 2018; Sakuraba et al., 2019). There may be additional contributions
from retention of a nebular atmosphere (Saito & Kuramoto, 2017) and thermal decomposition of carbonates
(Glotch & Rogers, 2013; Pollack et al., 1987). Mantle outgassing throughout Mars' history can be estimated
from the rate of crustal production, which has decreased over time, as suggested by geologic evidence
(Greeley & Schneid, 1991; Nimmo & Tanaka, 2005; Tanaka et al., 2003), and thermal evolution models
(Hauck & Phillips, 2002; Morschhauser et al., 2011). The amount of volatiles outgassed depends strongly
on the volatile content of Mars' mantle, which is not well constrained. Phillips et al. (2001) suggest that
the growth of Tharsis may have contributed up to 1.5 bar of CO2 ; however, depending on Martian mantle
redox state, outgassed CO2 may not have been sufficient to make a significant difference to atmospheric
pressure (Stanley et al., 2011). The possible major sinks for the atmosphere are escape to space (Chassefière
et al., 2007; Dong et al., 2018; Jakosky et al., 2018), impact erosion of the atmosphere (Pham & Karatekin,
2016; Schlichting et al., 2015), carbonate formation (Stephens & Stevenson, 1990; Wray et al., 2016), surface weathering (Baker, 2017), transport of CO2 into the subsurface (Kurahashi-Nakamura & Tajika, 2006;
Manning et al., 2019), and condensation into ice caps (Bierson et al., 2016). Ion escape, sputtering, and photochemical loss mechanisms such as dissociative recombination are all strongly dependent on solar EUV
flux and solar wind mass flux (e.g., Ayres, 1997; Brain et al., 2016; Chassefière & Leblanc, 2004) which have
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both decreased over geologic time (e.g., Dorren & Guinan, 1994; Tu et al., 2015). However, many of these
processes are poorly constrained. We therefore chose to construct a basic, 2-component, process-agnostic
model that gathers all sources and all sinks into one term each. The purpose of this exercise is to explore
the most simple possible pressure evolution tracks for Mars' atmosphere that satisfy existing paleopressure
constraints.
In our model, we express sources and sinks as either a power-law of the form:
dp
= k(1,3) t−k(2,4)
dt (source,sink)

(20)

dp
−t
= k(1,3) exp
dt (source,sink)
−k(2,4)

(21)

or an exponential:

where k1 , k2 (sinks), k3 and k4 (sources) are free parameters. For the case shown in Figure 14 (10,000 combinations of k1−4 ), we select 10 uniformly spaced values of k1−2 between maximum and minimum values
tuned to span the range that gives the greatest density of solutions in pairs plots for each source-sink set-up.
For k3−4 , 10 uniformly logarithmically spaced values are selected between maxima and minima found in
the same way. This gives four possible source-sink set-ups (1. exponential source + exponential sink, 2.
powerlaw source + exponential sink, 3. exponential source + powerlaw sink, and 4. powerlaw source + powerlaw sink). From our tuning process, k1−4 are always positive. This is appropriate because we expect both
sources and sinks to diminish forward in time (e.g., Jakosky & Phillips, 2001). Overall change in atmospheric
pressure at each timestep is given by:
dp
dp
dp
=−
+
dt (net)
dt (sink) dt (source)

(22)

To find k1−4 , we use the upper limits of existing paleopressure estimates as hard constraints (shown in
at t = 0 must be less than the maximum observed MAVEN
Figure 7), and implement the constraint that dP
dt
loss rate (12b ). We exclude the cosmochemical estimate for Mars' initial CO2 inventory (1c ) because this value
is an estimate and an unknown proportion of the initial volatiles may remain in the mantle. We exclude the
constraint given by Kurokawa et al. (2018) (3c ). Their models conclude that the atmosphere must have been
uncollapsed at 4.1 Ga to reproduce observed noble gas isotopic compositions in ALH84001 and the modern Martian atmosphere. In their models, the collapse threshold is fixed at 0.5 bar. However, the collapse
threshold varies depending on obliquity (Forget et al., 2013; Soto et al., 2015; Nakamura & Tajika, 2003).
Mars' obliquity history is chaotic and poorly constrained (Laskar et al., 2004; Touma & Wisdom, 1993), and
therefore, the Kurokawa et al. (2018) lower limit may in fact be several times lower. Finally, we exclude
the paleopressure estimate of Bristow et al. (2017) (9*c ), which was based on reaction-transport modeling
of siderite stability. Their models have been superseded by more recent experimental results of Tosca et al.
(2018). Tosca et al. (2018) demonstrate that siderite can in fact form at higher pCO2 under expected early
Mars conditions.
We integrate equation (22) backwards in time, starting at a present day atmospheric pressure of p0 = 0.012
bar (i.e., including CO2 stored in ice caps) with the maximum atmospheric loss rate constrained by the upper
limit of the observed MAVEN loss rates (Lillis et al., 2015). This means that we do not prescribe an initial
atmospheric pressure for Mars. However, we do force p > 0 bar at 4.16 Ga, as this is the age of the earliest
paleopressure constraint from the isotopic composition of ALH84001 (Cassata et al., 2012), so we assume
that some atmosphere must have been present at this time in order for an "atmospheric component" to be
trapped in the meteorite. Our model does not allow negative atmospheric pressures. If pressure becomes
negative at any timestep it is reset to 0 bar.
The four possible exponential powerlaw combinations for sources and sinks generate a wide variety of possible pressure histories for Mars. We treat each of the four combination as equally likely. While we do not seek
to accurately reproduce Mars' atmospheric pressure history, these models give a qualitative impression of
pressure histories allowed by the current data. Therefore, due to the lack of constraints after 3.6 Ga — with
the exception of measured MAVEN loss rates — we limit our discussion to atmospheric pressure between
4.3 and 3.6 Ga.
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As expected, our model is most strongly affected by the lowest implemented paleopressure constraint. However, a common feature of our initial paleopressure tracks is a low initial atmospheric pressure, typically
< 0.5 bar (Figure 14). This agrees with constraints from modeling of noble gas isotope evolution from
ALH84001 to present (Cassata et al., 2012), which suggest that atmospheric pressure was <1.5 bar for the
first 400 Myr of Mars' history. However, it does not agree with the thick atmospheres invoked in current
models of greenhouse warming of early Mars to ∼ 273K (e.g., Turbet, Tran, et al., 2019; Ramirez, 2017;
Wordsworth et al., 2013). Although there is no region of parameter space for which our set-up can include
both the Home Plate bomb sag constraint (Manga et al., 2012, 6b ) and wind ripple constraints (Lapotre et al.,
2016, 8b ), it is possible to imagine a pressure history involving rapid changes in atmospheric pressure to satisfy both constraints at their published ages (Figure 15). If the wind ripple estimate (Lapotre et al., 2016, 8b )
is implemented as a constraint, the only other paleopressure estimate that affects the permitted solutions is
from the Cassata et al. (2012) result (2bc ) (Figure 4b). This set-up also gives rise to many solutions in which
atmospheric pressure < present for much of Mars' history. In the case where the Home Plate bomb sag constraint (Manga et al. (2012), (6b ) is implemented, the Cassata et al. (2012) result (2bc ) is the dominant control
on the permitted paleopressure histories. This is most likely because this is the earliest constraint and therefore sets the effective maximum pressure because the majority of values for k1−4 generate pressure histories
that decrease towards the present (we do not implement episodes of atmospheric collapse in our maximally
simple model). As discussed in section 4, applying a fractal correction to our synthetic CSFDs lowers our
paleopressure estimates. However, when Cassata et al. (2012) (2bc ) is implemented as a constraint, pressure
is already too low by 4 Ga for our new estimates to impact the allowed paleopressure histories, regardless of
whether Manga et al. (2012) (6b ) or Lapotre et al. (2016) (8b ) are implemented as constraints. This emphasizes the impact of early paleopressure estimates on our understanding of Mars' atmospheric evolution over
time. This is inconsistent with geologic evidence for surface liquid water on Mars, as present day annual
mean temperatures and pressures do not allow for channel-forming quantities of liquid water to be stable
on Mars' surface even at higher solar luminosities. It is currently unclear whether the existing rock record
on Mars extends before 4 Ga; therefore, it is not possible to apply the technique used in this paper to this
time period, if indeed the interpretable-from-orbit Martian sedimentary rock record extends back this far.
Figure 14c shows the permitted pressure histories if only paleopressure upper limits from small exhumed
crater methods (i.e., this paper and Kite et al., 2014) are enforced as constraints. The narrow time window
covered by our new upper limits means that the majority of Mars' atmospheric evolution is poorly constrained by these data, and a much wider range of paleopressure histories are permitted. This gives rise to
two separate regions of maximum solution density in time-pressure space. The first cluster of solutions starts
between 0.5 and 1.8 bar early in Mars history and remains steady ∼ 4 Ga when pressure begins to decrease
towards present day values. The second cluster starts at ∼0.012 bar (i.e., modern atmospheric pressure if
ice caps are included (Bierson et al., 2016) and remains at approximately constant pressure for all of Mars
history. There is also a third cluster with a lower density of solutions that start off at very high initial atmospheric pressure (of order 10s of bars). This exceeds the cosmochemical estimate of Mars' initial volatile
inventory (Lammer et al., 2013), but these pressure histories cannot be ruled out by CSFD-based paleopressure estimates alone due to the absence of cratering ages before 4 Ga and because Mars' sedimentary record
may not extend this far back in time.
The lack of paleopressure estimates prior to 4 Ga and after 3.6 Ga makes it difficult to meaningfully assess
the sensitivity of our model to each individual constraint. Once again, this motivates a search for more
paleopressure constraints both between 3.6 Ga and present, and deep in Mars' history. Our CSFD method
can only be applied where craters are embedded in stratigraphy. While we have focused on using orbiter data
to investigate sedimentary rocks that may preserve evidence for liquid water on or near the Martian surface
during deposition (Malin & Edgett, 2000), it may be possible to apply the technique to aeolian sediments in
the search for more recent paleopressure estimates (e.g., Nuno & Paige, 2019; Vasavada et al., 1993).

7. Conclusions
Our objective in this study was to obtain new constraints on Mars' paleopressure history 3.8–4 Ga. To do this,
we compared crater populations preserved in ancient sedimentary rocks in Mawrth Vallis (>4 Ga & 3.8 ± 0.2
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Figure 13. Schematic illustrating 3 atmospheric pressure histories for Mars between ∼4 Ga and 3.8±0.2 Ga (yellow
area). Triangles with age uncertainties are our new upper bounds on continuous atmospheric pressure (dark purple at
4 Ga - Mawrth paleosurface, light purple - Mawrth phyllosilicates, orange - Meridiani). The blue box-car function
illustrates a <0.5 bar atmosphere that undergoes periods of collapse. The grey line illustrates an atmosphere that
remains continuously at our constant pressure upper limits. The black curve illustrates several bar of atmospheric
pressure changes due to changes in atmospheric sources and sinks. Dotted lines/curves indicate time that is not
covered by our new results.

Ga) and Meridiani Planum (3.82+0.10
Ga) to predict crater populations generated from a forward model of
−0.18
atmosphere-impactor interactions. At 3.8 ± 0.2 Ga, our results are consistent with two end-member cases:
1. Continuous paleo-atmospheric pressure of 6 mbar during the period of crater accumulation. Observed
crater populations accumulated over a minimum of 104 years (Mawrth phyllosilicates site) to 105 years
(Meridiani).
2. Continuous paleo-atmospheric pressure of 1.5 bar during the period of crater accumulation. Observed
crater populations accumulated over a minimum of 105 years (Mawrth phyllosilicates site) to 106 years
(Meridiani).

Figure 14. Solution density contour plots of pressure histories allowed by existing paleopressure estimates from our basic, 2-component atmospheric evolution
model. All possible source/sink combinations are superimposed on one another for 10,000 possible combinations of k1−4 . Dark gray areas do not match data.
Washed out (light gray) region indicates area of graph from ∼3.6 Ga to present where no paleopressure estimates exist and solutions are not well constrained.
log10 (# solutions) = 4 indicates that 10,000 possible solutions pass through point. (a) lower bound on paleo-atmospheric pressure comes from Manga et al.
Ga and (b) Lapotre et al. (2016) (8b ), pressure calculated from large wind
(2012) (6b ), pressure calculated from bomb sag structure at Home Plate at 3.66±0.44
0.31
ripples in the Burns formation as the maximum constraint /3.6 ± 0.1 Ga, respectively (c) only paleopressure constraints from ancient crater size frequency
distributions (methods used in this paper). 12b is the upper limit on MAVEN escape rate extrapolated backwards through time. This is only enforced as a
constraint at t = 4.56 Gyr (i.e., Neumann boundary condition at present day). All other constraints are as for Figure 7.
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Figure 15. Schematic illustration of one possible pressure history for Mars that satisfies all existing paleopressure
constraints. Superscripts: (a) - constraints from small, ancient, embedded craters, (b) - constraints from remote sensing,
(c) constraints from all other techniques (meteorite analyses, modelling, etc.). Upward (downward)-pointing triangles lower (upper) bounds. Circles - estimates of absolute atmospheric pressure or direct measurements. Downward arrows
from a horizontal line - pressure must have been below the given value for the entire time interval. Numbers for
paleopressure constraints are as for Figure 7. i) CH4 -CO2 collision-induced absorption warming is ineffective below
atmospheric pressures of 0.8 bar (Turbet, Tran, et al., 2019), ii) from GCMs, the upper bound on atmospheric pressure
for atmospheric collapse into CO2 ice caps to occur is 0.5 bar (Forget et al., 2013; Soto et al., 2015), iii) the last year that
widespread fluvial activity on Mars was permitted by global climate was <3.4 Ga (Kite, 2019) (additionally, there is
evidence for <1 Ga Amazonian supraglacial channels Dickson et al., 2009 and late (< 2 Ga) alluvial fan activity in Gale
Crater Grant & Wilson, 2019).

Our measured CSFDs indicate that paleoatmospheric pressure on Mars >4 Ga was either continuously
below 1.9±0.1 bar or varied between pressures above and below this upper limit on continuous atmospheric
pressure. Therefore, our new data are consistent with either continuously low (< 1.5 bar) atmospheric pressures or alternatively variations of several bar in atmospheric pressure due to the changing balance between
atmospheric sources and sinks. Thus, a diverse range of paleopressure histories for Mars in the interval
4-3.8± 0.2 Ga are all consistent with our new data (Figure 13). Source and sink processes leave imprints on
Mars' geologic record that we can potentially compare to the timing of our measured crater populations to
assess the feasibility of different atmospheric pressure histories. The feasibility of pressure oscillations with
amplitudes of several bar between pressures above and below our upper limits on continuous pressure due to
changes in processes such as outgassing, impacts, escape to space, and carbonate formation from 4−±0.2 Ga
could be constrained through better dating of our ancient embedded crater counting sites (e.g., through sample return missions), improved understanding of the extent and duration of carbonate deposition on Mars,
and better relative and absolute age-dating for events such as the growth of Tharsis.
Our results agree with existing paleopressure constraints, including sedimentary features such as the Home
Plate bomb sag (Manga et al., 2012) (6b ) and modeling studies based on mineral stability and carbonate deposition (Hu et al., 2015(5c ), van Berk et al., 2012 (4c ), where superscripts refer to Figure 7). We
also demonstrate that paleopressure estimates for a single site are representative of global zero-elevation
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corrected surface pressure. However, due to the effects of sedimentation and erosion on observed crater
populations, our results give conservative (high) upper bounds.
We combine our new paleopressure upper limits with existing constraints, and compare the combination to
the output from a basic model of Mars atmospheric pressure evolution. Our process-agnostic, 2-component
model of sources and sinks of volatiles (CO2 ) to the atmosphere is very strongly sensitive to constraints
that give lower bounds on atmospheric pressure (Figure 14). Additionally, our method cannot constrain
rapid changes in atmospheric pressure due to collapse (Figure 15). Thus, more paleopressure constraints
for Mars are needed, particularly between 3.6 Ga and present where the only existing constraints are the
measured MAVEN escape rate and Mars' existing surface and atmospheric CO2 reservoirs. The greatest
density of possible solutions for Mars' atmospheric pressure history suggest atmospheric pressures on Early
Mars between 0.01 and 1 bar. This agrees with the earliest upper bounds on atmospheric pressure as modeled
using data from ALH84001 (Cassata et al., 2012) (2ac & 2bc , Figure 7). This range is significantly lower than
our new paleopressure upper bounds.
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